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Abstract:
The isotopic composition of dissolved oxygen offers a family of potentially unique tracers of respiration and transport in the subsurface ocean. Uncertainties in transport parameters and isotopic fractionation factors, however, have limited the strength of the constraints offered by 18O/16O and 17O/16O ratios in dissolved oxygen. In particular, puzzlingly low 17O/16O ratios observed for some low-oxygen samples have been difficult to explain. To improve our understanding of oxygen cycling in the ocean’s interior, we investigated the systematics of oxygen isotopologues in the subsurface Pacific using new data and a 2-D isotopologue-enabled isopycnal reaction-transport model. We measured 18O/16O and 17O/16O ratios, as well as the “clumped” 18O18O isotopologue in the northeast Pacific, and compared the results to previously published data. We find that transport and respiration rates constrained by O2 concentrations in the oligotrophic Pacific yield good measurement-model agreement across all O2 isotopologues only when using a recently reported set of respiratory isotopologue fractionation factors that differ from those most often used for oxygen cycling in the ocean. These fractionation factors imply that an elevated proportion of 17O compared to 18O in dissolved oxygen―i.e., its triple-oxygen isotope composition―does not uniquely reflect gross primary productivity and mixing. For all oxygen isotopologues, transport, respiration, and photosynthesis comprise important parts of their respective budgets. Mechanisms of oxygen removal in the subsurface ocean are discussed.
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Plain Language Summary
The marine biosphere produces and consumes oxygen, and in doing so, imparts fingerprints of photosynthesis and respiration (as well as other oxygen-consuming processes) on dissolved oxygen. These fingerprints are characterized by patterns in the abundances of istable isotopes 16O, 17O, and 18O―versions of oxygen atoms that differ only in their atomic mass and do not decay over time. Dissolved oxygen contains two oxygen atoms, and thus has six different isotopic variants (e.g., 16O16O, 16O17O, and 16O18O, among others). We report new measurements of five of these isotopic variants of molecular oxygen in the deep northeast Pacific Ocean and explain their patterns using a simplified model of oxygen transport and consumption. We find, contrary to prior reports, that all the isotopic fingerprints in the Pacific Ocean can be explained under a common framework without invoking unusual oxygen production, consumption, or transport mechanisms in the ocean. The results have implications for the use of oxygen isotopes as tracers of marine productivity, respiration, and transport, providing field evidence consistent with recent laboratory and theoretical studies of these isotopic fingerprints. Overall, the results suggest that revision of canonical isotopic fingerprints is warranted, affecting our understanding of biosphere productivity both in the present and past.

1. Introduction
1.1 Overview
Respiration and transport play fundamental roles in the chemical budgets of the subsurface ocean. Yet the myriad physical and biological processes comprising these budgets are challenging to resolve. Aerobic respiration remineralizes nutrients contained in organic matter, removes dissolved O2 from seawater, and produces CO2, while large-scale advection redistributes these constituents globally. Eddy diffusion operates in concert, decreasing concentration gradients on a smaller scale. Finally, ventilation at the surface drives the concentration of dissolved O2 and CO2 toward solubility equilibrium with the atmosphere. In principle, bioactive tracers like nutrients, dissolved inorganic carbon (DIC) and oxygen concentration can track features of these processes, but they cannot fully decouple respiration and transport in deep sea: distributions of nutrients and DIC vary stoichiometrically with oxygen concentration, and hence none of them provide independent constraints on respiration or transport (Takahashi et al., 1985).
	Direct measurements of respiration rates in the deep sea are challenging because rates are slow and vary with location. Apparent oxygen utilization (AOU) can be combined with mean water mass ventilation ages to estimate oxygen utilization rates (OURs) (Feely et al., 2004). Mean water mass ages can be obtained through ocean circulation modeling (Riley, 1951; Craig, 1969; Haine & Hall, 2002), radiometric dating (e.g., 14C of DIC) (Matsumoto, 2007; Koeve et al., 2015) or via the evolution of recently incorporated chemical constituents (e.g., chlorofluorocarbons) (Sonnerup, 2001). Implicit in the OUR method, however, are the assumptions that ventilation results in solubility equilibrium for O2 and diffusive mixing influences AOU and age in the same way. The former is violated at high latitudes (Ito et al., 2004), while the latter depends on the characteristic timescales of O2 consumption and tracer decay. For example, a water mass at 50% O2 saturation may have formed via closed-system respiration (i.e., OUR = AOU/age) or through mixing of many partially respirated water masses (i.e., OUR = ΣfiAOUi/agei, where the AOU, age, and mixing fraction f of each constituent water mass i is not known) (Bender, 1990). Consequently, other tracers are needed to characterize the marine oxygen budget.
The distribution of O2 isotopologues―the 18O value of O2 in particular―has been used to disentangle respiration from transport, as closed-system respiration and mixing effects are distinguishable (Bender, 1990; Quay et al., 1993; Levine et al., 2009). Still, this single additional constraint has proven non-unique in part because reproducing 18O-O2 relationships requires independent knowledge of isotopic fractionation factors in the deep ocean. These fractionation factors may vary widely depending on environmental conditions such as diffusive limitation (Bender, 1990) or temperature (Stolper et al., 2018). Oxygen has three stable isotopes and O2 has six stable isotopologues, however, so measurements of multiple O2 isotopologues in the same sample of seawater may alleviate some of these uncertainties. Previous work on the triple-oxygen isotope composition of O2 (i.e., 17Δ values, which are derived from δ18O and δ17O values; see Methods) has focused on estimating productivity in the surface ocean (Bender, 2000; Juranek & Quay, 2013; Luz & Barkan, 2000), although a few studies report data in the deep ocean. 
Hendricks et al., (2005) reported the most extensive triple-oxygen dataset from the subsurface equatorial Pacific, which revealed some surprising and unexplained observations. First, non-monotonically varying 17Δ values in the aphotic zone were observed, peaking at moderate (50 - 80%) O2 saturation, which were interpreted as a combination of photosynthesis in waters below the 1% light level and entrainment of productive waters. Second, some 17Δ values at <50% O2 saturation were unusually low and only explainable as two-component mixtures between extreme endmembers (e.g., surface water and a ~5% O2 saturation, highly respired water mass). Moreover, recent experimental and theoretical evidence for variable isotopic fractionation factors in the 17Δ system have offered alternate explanations for these data (Stolper et al., 2018; Ash et al., 2020). The sensitivity of 17Δ values to photosynthesis, and uncertainty in the relevant isotopic fractionation factors complicates their use as tracers of respiration and mixing in the ocean.
[bookmark: _Hlk75967425]The distributions of the remaining resolvable O2 isotopologues in the ocean, 17O18O and 18O18O, have not yet been investigated. Yeung et al., (2015) and Ash et al., (2020) showed that they are affected by photosynthesis and respiration, but in a manner different from either of the singly-substituted isotopologues 16O17O and 16O18O. In addition, physical fractionation mechanisms such as diffusion lead to unique isotopologue patterns that can be distinguished from those of photosynthesis and respiration (Li et al., 2019). This complementary sensitivity to biogeochemical fractionation offered by these “clumped” isotopes, constrained by preliminary isotopic fractionation factors, may facilitate a unified description of O2 consumption and transport in deep ocean.
Here we present new O2 concentration and isotopologue data from northeast Pacific ocean, from the surface into the aphotic zone. Bulk- (i.e., δ18O and 17Δ values) and clumped-isotope (i.e., Δ36 values reflecting 18O18O) compositions were measured in the same dissolved O2 samples for the first time to explore the potential utility of this suite of tracers to constrain respiration and transport in the ocean. We further develop a 2-D isopycnal reaction-transport model to examine the effects of respiration, photosynthesis, and transport on O2 isotopologue patterns in the Pacific. Finally, we revisit previous interpretations of deep-sea δ18O and 17Δ data and discuss the potential role of the recently proposed superoxide O2 consumption pathway (Sutherland et al., 2020a) on the O2 budget of the ocean.

2. Methods:
2.1 Isotope terminology and systematics
Dissolved O2 isotopologue ratios are reported as 18O, 17 and 36 values for 16O17O, 16O18O, and 18O18O, respectively. The definitions of these terms are based on isotope/isotopologue ratios R. The denominator for R is the most abundant isotope or isotopologue (i.e., 16O or 16O16O), while the numerator is the rare isotope or isotopologue of interest. For example, the 18O18O isotopologue has a R value defined by
                                       			(1)
and is equal to the molar concentration of 18O18O divided by that of 16O16O. Similar definitions are made for 18R (i.e., [18O]/[16O]) and 17R (i.e., [17O]/[16O]). The 18O, 17, and 36 values are defined as
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                   		(3)
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with 18O and 36 values reported in per mil (‰) and 17 values reported in parts per million (ppm). The denominators relevant to 18O and 17values are the R values for atmospheric O2, which has been recently re-determined. Measurements at Rice University are consistent with the lab reporting Vienna Standard Mean Ocean Water-2 (VSMOW2) as 18O = –23.481‰ and 17 ppm relative to atmospheric O2 (Wostbrock et al., 2020), which we will use subsequently in this manuscript. The denominator relevant to 36 values is defined by
                                                  		(5)
and represents the 18O18O/16O16O ratio for a stochastic (random) distribution of isotopes within the sample being analyzed. 
Biogeochemical cycling leads to a broad range of potential isotopic compositions in dissolved O2. Isotopic fractionation due to respiration increases δ18O and Δ36 values in the residual O2 (Guy et al., 1993; Ash et al., 2020), but its effects on 17Δ values have recently been questioned: early work had initially suggested that 17Δ values do not change during respiration (Luz & Barkan, 2000; Angert et al., 2003; Helman et al., 2005; Luz & Barkan, 2005), but more recent work has argued that they may decrease (Stolper et al., 2018) or increase (Ash et al., 2020) in the residue fraction. The two-gyre model employed in this study uses the respiratory fractionation factors from Ash et al., (2020), as they were also measured in the Rice University laboratory and supported by first-principles calculations of enzymatic active-site analogues (see Table 1 and Section 2.3.2). Mixing relationships for δ18O values are generally linear, but mixing relationships for 17Δ and Δ36 values are curved and may not be monotonic with mixing fraction (Miller, 2002; Eiler, 2007; Yeung et al., 2012). Nevertheless, the addition of photosynthetic O2 into a dissolved pool of O2 tends to decrease δ18O and Δ36 values (Guy et al., 1993; Quay et al., 1993; Yeung et al., 2015) and increase 17Δ values (Luz & Barkan, 2000, 2011). In principle, the combination of unique isotopic fractionation factors and mixing relationships for each isotopic system leads to a system of independent constraints on the history of a water parcel in the ocean, provided the fractionation factors for each biological process are known. In the deep ocean, the predominant mechanisms are respiration and mixing, although imprints of photosynthetic O2 addition inherited from the surface ocean may also be present.

2.2 Water sampling and measurements of dissolved oxygen isotopologues
Ninety-four samples of dissolved O2 for multi-isotopologue analysis were collected during a transect from Hawai’i to Alaska on R/V Kilo Moana during the Carbonate Dissolution In Situ Kinetics project in August 2017 (CDISK IV; see Fig. 1). Depth profiles were obtained at six sampling stations from the Hawai’i Ocean Time Series site (22.75˚N, 158˚W) up to the Gulf of Alaska (60˚N, 149.3˚W). Sampling methods followed those used previously for triple-oxygen isotope analysis of dissolved oxygen (Reuer et al., 2007). Briefly, Niskin bottles from a conductivity-temperature-depth rosette (CTD) were sampled into pre-evacuated (<10-3 mbar), pre-poisoned glass bottles (1L, 2L, and 5L sizes depending on dissolved O2 concentration with final HgCl2 concentrations of >20 μg/mL seawater) that were each fitted with a Louwers-Hanique 9mm I.D. high-vacuum valve. During transport and storage before and after sampling, the side arm of the valve on each bottle was filled with water, with all visible bubbles removed, to minimize air contamination.
Gas extraction and analysis occurred at Rice University. Headspace gases were first collected onto silica gel fingers, with two U-shaped traps held at -196 °C upstream of the gel finger to remove residual CO2 and water vapor. The gases were then purified according to methods described previously, using an Agilent 7890B Gas Chromatograph (GC) held at −80 °C to separate O2 from Ar, N2, and other trace gases (Yeung et al., 2016). The O2/Ar ratio was calculated using calibrated GC peak integration of O2 and Ar, an approach that has a precision of ±4‰ (1σ) and shows good agreement with manometric checks performed in a calibrated volume (Ash et al., 2020). This ratio, relative to solubility equilibrium, was used to quantify dissolved O2 saturation as reported herein; this biological supersaturation normalizes against physical disequilibria and is likely within several percent of the true dissolved O2 saturation. It also allows one to focus on biological fractionation, reducing the scope of uncertainties relevant to measurement-model comparison. The purified O2 was then analyzed for its isotopic composition on a high-resolution Nu Instruments Perspective IS isotope ratio mass spectrometer in dual-inlet mode. The pooled standard deviations for replicates within the CDISK IV dataset were ±0.20‰, ±5 ppm, and ±0.045‰ (1σ) for δ18O, 17Δ, and Δ36 values, respectively. 

2.3 Two-Gyre Model
Our 2-D advection diffusion reaction model is similar to the two-gyre models described in Levine et al., (2009) and Glover et al., (2011). We treat the Pacific ocean circulation as isopycnal in two dimensions because of the relatively strong mixing behavior within isopycnals and relatively weak diapycnal exchange (Bauer & Siedler, 1988; Glover et al., 2011). Ventilation occurs at high latitudes (~40°), where air-water equilibration resets dissolved gas concentrations and the isotopic signatures of dissolved O2. There, we apply an equilibrium solubility and  18O/16O isotopic fractionation endmember corresponding to a sea surface temperature of 14˚C (Benson & Krause, 1984; Li et al., 2019), which yields O2 concentrations consistent with those observed in the ventilation region (see Table 1). The isotopic results are not sensitive to the particular choice of endmember, however, given the small overall isotopic fractionation at the air-sea interface. 
2.3.1 Streamfunction
The 2-D isopycnal slab model contains two gyres: a cyclonic gyre to the south and an anticyclonic gyre to the north (Fig. 2 and S1). The model’s advective geometry mimics the circulation observed in the North Pacific gyre between 0˚ and 40˚N that is composed of the Kuroshio Current, North Equatorial Current, North Pacific Current, and California Current, and the circulation observed in the South Pacific gyre between 0˚ and 40˚S that is composed of the Peru Current, South Equatorial Current and Antarctic Circumpolar Current. The streamfunction amplitude, A, which controls the absolute strength of advection in the isopycnal, was set to be consistent with the speed of the Kuroshio Extension and tuned using a cost function grid search (Section 2.3.3). The streamfunction asymmetry (i.e., driving stronger and narrower western boundary currents) was tuned to match the relative width of the Kuroshio current. Additional details, including the governing equations, can be found in Text S1.

2.3.2 Advection-Diffusion-Reaction Equations 
Isopycnal advection, diffusion, and respiration can be generalized by eq. 6:
                                			(6)
where C is the concentration of the chemical species, K is the eddy diffusivity, and u is the advective velocity (i.e., a vector [u, v]), and J is the respiration rate. At each time step, eq. 6 was solved for a grid representing the subtropical gyres of the Pacific (e.g., 667 × 572 for σθ = 25.8 – 26.2) using inputs of A, K, and J and the second upwind differencing method (Glover et al., 2011).
In practice, the effects of transport and respiration are computed separately for each time step, with the respiration term computed after transport for each isotopologue. Respiration rates for the rare O2 isotopologues are computed relative to that of 16O16O using their fractionation factors according to the equation below: 
           		(7)
Here,  is the isotopologue-specific respiration fractionation factor, i.e., the relative rate of consumption compared to that for 16O16O (Table 1). The  values for 16O17O/16O16O and 18O18O/16O16O fractionation are calculated from the mass-dependent exponents θ17/18,resp and θ36/18,resp of Ash et al., (2020) also shown in Table 1, using the equation:
                            			 (8)
where x = 17 or 36. The subscripts no res and res in eq. 7 denote the concentrations before and after the respiration step, respectively.
After updating the concentrations of the rare isotopologues, the model then updates the total O2 concentration based on the total change in concentration of all isotopologues. If an O2 isotopologue concentration is negative, it is set to zero, and if the 16O16O isotopologue concentration is zero, all rare O2 isotopologues are also set to zero. This approach avoids potential numerical instabilities associated with negative concentrations. 
2.3.3 Model Parameter Initialization
The range of parameters considered for the isopycnal model are similar to those used for the south subtropical Atlantic (Levine et al., 2009). The σ = 25.8 – 26.2 and 26.5 – 26.9 isopycnal layers were simulated because the former is near the median value for the measured samples, whereas the latter includes areas of lower O2 saturation (i.e., 20 – 50%). Figure 3 shows the annual-mean depth and O2 concentration for the σ = 25.8 – 26.2 isopycnal derived from the World Ocean Atlas 2013 (WOA 2013; Locarnini et al., 2013, Zweng et al., 2013, Garcia et al., 2014). The ventilation region for the North Pacific subtropical gyre was set by approximating the areas of the isopycnal that lie within the mixed layer in the wintertime or 50m below; this seasonal variation is significant and has a strong influence on implied North Pacific respiration rates. The ventilation region in the South Pacific subtropical gyre was set by selecting the areas with depth <50m and >90% O2 saturation in the annual mean because the seasonal variation has a negligible effect on the oxygen budget in the model North Pacific. These areas are shown as yellow rectangles in Fig. 2 for the σ = 25.8 – 26.2 surface and Fig. S1 for the σ = 26.5 – 26.9 surface. 
Mass exchange between the northern and southern gyres is relatively small because the stream function is equal to zero at their boundary. Therefore, K at the boundary was set to be larger, particularly at the eastern and western edges of the tropical Pacific (see Tables 2 & 3). According to Cole et al., (2015), the horizontal eddy diffusivity is elevated near the equator, with the westernmost third having a horizontal eddy diffusivity of 103.8 m2/s at the surface. This eddy diffusivity decreases with depth, and the data in Cole et al., (2015) imply a scaling factor of 0.8 for the σ = 25.8 – 26.2 surface and 0.5 for the σ = 26.5 – 26.9 surface, which yield K = 5040 m2/s and 3150 m2/s, respectively, for the westernmost region. The elevated equatorial eddy diffusivities for the central and easternmost third were calculated similarly and shown in Table 2. A grid search was employed to optimize the stream function amplitude A, the isotropic eddy diffusion coefficient K, and the respiration rate J (see Text S1). 
Due of the unique biogeochemistry of the Pacific, with upwelling and high productivity near the equator and low productivity in the subtropical gyres, region-specific J values were utilized (Jequator and Jresp for respiration within and outside the equatorial region, respectively). The equatorial upwelling region was delineated as the easternmost two-thirds of the area between -1000 km and 1000 km on the Y-axis of Fig. 5, which resembles the Pacific cold tongue. The oligotrophic regions comprised the rest of the model domain (±1000 km to ±4500 km on the Y-axis of Fig. 5). The stream function amplitude was varied within a range of flow velocities consistent with that observed for the Kuroshiro extension in the subsurface (Hall, 1989). The resulting optimized parameter set is shown in Table 2. The best-fit Jresp value for the σ = 25.8 – 26.2 surface is 3.0 µmol/kg/yr, similar to the modeled value of 2.9 µmol/kg/yr for the σ = 26.9 – 27.4 surface in the Atlantic reported in Levine et al., (2009) and the estimated value of 3 µmol/kg/yr reported in Feely et al., (2004) that was based on remineralization rates. The best-fit Jresp value for the σ = 26.5 – 26.9 surface is 1.6 µmol/kg/yr, although there is significant uncertainty in this value because of both a strong dependence on size of the exposure area in the northwest Pacific and the larger depth range of the isopycnal (~800m). Nevertheless, the Jresp value is within the range prior estimates for these depths (Feely et al., 2004). 

2.3.4 Model with photosynthesis
To simulate the effects of photosynthesis in the photic zone, we applied a photosynthetic flux signal to a 10 × 20 box region at the northwestern boundary of the model for the σ = 25.8 – 26.2 surface. The flux is of pure O2 with a composition of 18O = -20.172‰ and 17O = -10.275‰ relative to air, with 36 = -0.4‰, resulting in an admixture of photosynthetic and respired O2 in the photic zone. We thus call this the “explicit addition” method. The photosynthetic endmember was calculated by first computing the 18O/16O and 17O/16O fractionation relative to VSMOW2 for “average phytoplankton” reported in (Luz & Barkan, 2011)―i.e., 18α = 1.003389 and 17α = 1.001778. These fractionation factors were then applied to VSMOW2 as the source water [18O = -23.481‰ and 17O = -12.031‰ relative to air (Wostbrock et al., 2020)]. The goal of this scheme is to use the photosynthetic isotope fractionation from (Luz & Barkan, 2011), but to scale the isotopic composition of O2 to be consistent with 17Δ measurements made in our lab (Yeung et al., 2018; Pack et al., 2016; Wostbrock et al., 2020). The 36 value of photosynthetic O2 was estimated from preliminary measurements (Yeung et al., 2015), but the results are not sensitive to its precise value near 36 = 0. The maximum amount of photosynthetic O2 added into the system was equivalent to +60% saturation, which, while not typically present in the ocean, were used to evaluate the range of the possible admixtures of photosynthetic and respired O2. We note that this implementation does not include explicit biogeochemical cycling of photosynthetic O2 within the photic zone, which results in an accumulated triple-oxygen isotope signature from photosynthetic O2 addition and partial respiration of the admixture. Instead, those effects are represented schematically alongside the model results.
	Using the same approach for the smaller ventilation region of the σ = 26.5 – 26.9 surface yielded negligible changes to the isotopologue patterns, so an second approach was also used to simulate the effects of photosynthesis, following that used in an earlier 3D model simulation (Nicholson et al., 2014). Rather than adding in photosynthetic O2 explicitly, photosynthetic O2 was added implicitly by changing the ventilation boundary condition to be representative of the mixed-layer isotopologue compositions measured during CDISK4, namely, δ18O = 0.36‰, 17Δ = 30 ppm, and Δ36 = 1.90‰. The largest effect of this “implicit addition” method is to elevate 17Δ values from equilibrium (i.e., above 8 ppm), although overall the effects remain subtle and sufficient for illustrative purposes.

3. Results:
3.1 Isotopic measurements
The CDISK4 data span the oligotrophic and subarctic Northeast Pacific (Fig. 1) at depths ranging from the surface to 3000 m (σθ = 20.7 – 27.8), and show consistent patterns associated with biogeochemical processing. At the Hawaii Ocean Time Series site (CDISK4-S1), for example, dissolved O2 saturation generally decreases, while δ18O and Δ36 values generally increase with increasing depth except towards the base of the oxygen minimum zone (1486m sample; Fig. 4). These trends are associated with respiratory isotopic fractionation, which increases δ18O and Δ36 values in the residual O2 (Guy et al., 1993; Ash et al., 2020). The 17Δ and Δ36 values also show prominent photosynthetic signals: 17Δ values are elevated at the top of the thermocline, while Δ36 values are lowered, owing to the accumulation of photosynthetic O2 that has been partially respired (Luz & Barkan, 2000, 2009; Yeung et al., 2015). In the mixed layer, the 17Δ and Δ36 values of O2 approach atmospheric values, consistent with gas exchange driving the isotopic composition of O2 toward solubility equilibrium with the atmosphere (Knox et al., 1992; Li et al., 2019). 
The δ18O and Δ36 data increase as dissolved O2 concentrations decrease, from values below solubility equilibrium (-0.6‰ and 1.5‰ with some variability, respectively) to values much higher than those in air (18‰ and 3.1‰, respectively), with little variance about their curvilinear trends. The 17Δ data, however, show more variable behavior: near the surface, 17Δ values range from 21 – 118 ppm, whereas at low O2 concentrations (< 40% saturation) they range from 50 – 100 ppm. In effect, the 17Δ data envelope appears to narrow with decreasing O2 concentrations, with a pronounced increase in minimum values, although the narrowing may simply reflect the locations sampled. The Δ36 data show no discernable trend toward local isotopic equilibrium, which would range from 1.77‰ (2°C) to 1.49‰ (27°C) in these waters. These data are plotted and compared with the two-gyre model results in Section 4.1. 

3.2 Two-Gyre Model
The model domain is generally ventilated near the Northwest corner and along the entire Southern edge, with some interhemispheric mixing, leading to different systematics in the Northern and Southern gyres. We illustrate the general features of these advection-diffusion-respiration trajectories on the σθ = 25.8 – 26.2 surface below. Three specific regions are highlighted in Fig. 5; their advection-diffusion-respiration arrays are shown in Fig. 6. 
[bookmark: _Hlk27643411]In the northwest corner, the advective direction is clockwise, whereas the direction of eddy-diffusive transport of O2 is primarily counter-clockwise. Oxygen concentrations decrease from the northeast to the southwest, driving net diffusive transport along this gradient. Advection and diffusion thus drive O2 transport in opposing directions. At steady state, the O2 fluxes F in this region satisfy the following relationship:  
                                                                                                        	         (9)
Here, the subscripts refer to the contributions from eddy diffusion (K), advection (A), and respiration (R). Because FR is small (3.0mol O2/kg seawater/yr) and the O2 gradient is relatively large, the O2 budget has a large contribution from diffusive-advective mixing between high- and low-O2 waters. The effects on the isotopic composition of O2 therefore trend toward that of two-endmember mixing between high- and low-saturation waters; in Fig. 6, the isotopic trends in the northwest region resemble those predicted for mixing between surface waters and Rayleigh-fractionated waters at ~30% O2 saturation, as implied by Fig. 5.  
In the northeast, the O2 flow pattern changes: advection and eddy diffusion drive O2 transport in a similar direction (counterclockwise). At steady state, the O2 fluxes therefore satisfy the relationship:  
                                                                                                		(10)
Both the advective and eddy-diffusive fluxes (cf. Fig. 2 and the concentration gradient in Fig. 5) are smaller in this region, balancing the small respiration flux. Changes in O2 saturation in this region are therefore more strongly affected by respiratory consumption, resulting in an isotopic pattern that trends closer to Rayleigh fractionation, at least compared to the Northwest Pacific: the relatively weak advection and diffusion makes this region show more closed-system behavior.
In the southern gyre, advection is counterclockwise, and the concentration gradients are weaker owing to a larger exposure surface for the isopycnal. The mixing pattern in the southeast is similar to that of the northeast, with advection and diffusion in the same direction, resulting in a Rayleigh-like isotopic fractionation pattern; however, the O2 saturation range is smaller than in the northeast, so that portion of the array does not appear prominently in Fig. 6. In the southwest, the mixing patten is similar to the northwest, where the large O2 concentration gradient leads to isotopic trends closer to those for two-endmember mixing.
[bookmark: _Hlk76148487]These basic systematics suggest that the model results can be understood as a continuum of water parcels lying somewhere between the trends expected from closed-system Rayleigh fractionation and two-endmember mixing between low- and a high-O2 endmembers, with region-specific patterns reflecting the local budget. For example, the σθ = 26.5 – 26.9 surface reflects a more complex mixture likely involving more than two mixing endmembers (cf. Fig. S3). The range in the observational data should nevertheless constrain the range of low-O2 endmembers that contribute to the subsurface Pacific O2 budget. 
Ultimately, the simulated O, 17 and Δ36 values are all anticorrelated with O2 saturation because of the tendency for respiration to consume light oxygen isotopologues. For 17 values, the trend with O2 saturation is controlled by the particular mass-dependent fractionation slope for respiration used (see Table 1): the θ17/18,resp value of 0.520 used in these simulations is larger than the reference slope of λ = 0.518 used to define 17, resulting in an increase in 17Δ values as O2 saturation decreases. Similarly, the mass-dependent fractionation slope for 18O18O relative to 16O18O, θ36/18,resp = 2.048, is larger than the slope that would preserve  values upon Rayleigh fractionation (i.e., θ36/18 = 2.000), resulting in an increase in  values as O2 saturation decreases. 
Modeled 17Δ-δ18O and Δ36-δ18O correlations are generally positive with modest variability about overall curvilinear trends (Fig. 6 D-F). Compared to isotopologue-O2 saturation plots (Fig. 6 A-C), the model results for the northwest region in these isotopologue cross-plots adhere closer to the expected trajectories for two-endmember mixing. This observation indicates that the departures from the mixing trajectories in Fig. 6 A-C are mainly due to minor contributions from lower-O2 waters. 
 The apparent mass dependence resulting from isopycnal transport, mixing, and respiration resembles Rayleigh fractionation with 17/18,resp < 0.520 and 36/18,resp > 2.048―i.e., different from the process-level values―mainly because curvilinear mixing trajectories for 17Δ and Δ36 values (Miller, 2002; Eiler, 2007; Yeung et al., 2012) draw the model array away from pure Rayleigh-like trends. These deviations from the process-level mass-dependent fractionation slopes for respiration resemble the deviations observed in δ18O data reported here and in previous work (Bender, 1990; Levine et al., 2009). For example, a respiratory fractionation factor of 18  = 0.982 yielded model results having an apparent Rayleigh fractionation factor of 18  = 0.990 in the subtropical Atlantic (Levine et al., 2009). Notably, however, Rayleigh fractionation and two-endmember mixing yield nearly coincident trajectories for Δ36 values when plotted against O2 saturation (Fig. 6C), leading to minimal spread in the model results compared to the other isotopologue tracers.
The addition of photosynthetic O2 to a small surface-outcropping region in the northwest corner of the σ = 25.8 – 26.2 surface results in higher O2 concentrations throughout the isopycnal and a larger range of predicted isotopic compositions compared to the respiration-only scheme. The largest spread in isotopic composition occurs at high O2 saturation; however, these compositions converge toward the respiration-only results as O2 saturation decreases because of signal dilution and respiration within the aphotic zone. These general observations will be discussed further in the measurement-model comparison below.

4. Discussion:
4.1 Comparison of measurements and the model 
4.1.1 CDISK4 data
The CDISK4 data are compared with the simulated isotopologue compositions in the Northeast region of the isopycnal model in Figs. 7 (respiration only) and 8 (with photosynthetic O2). The model predicts the general increase in δ18O, 17Δ, and Δ36 values as O2 saturation decreases, as well as much of the isotopic covariation observed in the CDISK4 data. Importantly, the narrowing range of 17values observed at mid-saturation in the CDISK4 data (i.e., ~60%) is reproduced in both the respiration-only isopycnal model and the model that includes photosynthetic O2. We note that multiple photosynthesis-respiration cycles taking place in the photic zone (as opposed to the single-step addition of photosynthetic O2 modeled above) would yield a “zig-zag” pattern that increases 17Δ values and decreases Δ36 values with little change in O2 saturation (schematically shown in Fig. 8). The magnitudes of these displacements depend on the relative rates and extents of photosynthesis-respiration cycling and mixed-layer ventilation, as well as the precise values of the mass-dependent exponents for respiration used. While δ18O values are also affected by these cycles, the effects are smaller and nearly collinear, resulting in limited scatter in the data (Fig. 8A).
Broadly, these results suggest that the mean respiratory fractionation factors in the deep Pacific, and in particular, the mass-dependent exponents, are consistent with those obtained from freshwater incubation experiments in our laboratory, i.e., θ17/18,resp > 0.518 and θ36/18,resp > 2 (Ash et al., 2020). By contrast, the CDISK4 data cannot be explained satisfactorily by the other triple-oxygen exponents previously reported (e.g., θ17/18,resp = 0.516 shown in Fig. S4), which have assumed θ17/18,resp ≤ 0.518 (Luz & Barkan, 2000; Angert et al., 2003; Helman et al., 2005; Luz & Barkan, 2005; Stolper et al., 2018). 
The measurement-model disparities in 17and Δ36 values at high O2 saturation are worth discussing. The data show a large range in 17and Δ36 values at shallow depths (i.e., low potential density σθ and near O2 solubility equilibrium) that are clearly associated with photosynthesis, but which are not necessarily reproduced by the model containing a simple photosynthetic O2 source. Multiple photosynthesis-respiration cycles are required to explain the range of 17Δ values observed at shallow depths. This cycling has a pronounced impact on 17values because both respiration (17/18,resp > 0.518) and photosynthesis increase the 17value of dissolved O2. For values, however, photosynthesis and respiration have opposing effects, leading to a different cumulative effect on  values. Respiration increases  values, while the addition of photosynthetic O2 draws down the  value of the dissolved O2 pool. The presence of photosynthetic O2 may still be detectable in the data because the Rayleigh fractionation and photosynthetic O2 mixing vectors are not collinear. 
The lowest measured Δvalues can be explained by the particular mixed-layer O2 cycling scenario presented in Fig. 8. However, the maximum observed 17Δvalues are as much as 50 ppm higher than the mixed-layer O2 cycling scenario predicts. Increasing productivity alone would yield better agreement for 17Δ values, but cause disagreements in Δvalues. Therefore, this disparity may arise from uncertainties in the mass-dependent slopes for respiration and/or an incomplete accounting of oxygen consumption in the mixed layer. A higher 17/18,resp value in the mixed layer (i.e., greater than 0.520), for example, could help resolve the 17-Δ disparity, as it would lead to larger increases in 17 values when oxygen is consumed. A larger 36/34, resp value (i.e., greater than 2.048) could also help resolve this disparity. Using a higher 36/18, resp value, the trajectories of Rayleigh fractionation and photosynthetic O2 addition are closer to collinear, resulting in a smaller net decrease in Δ36 values per cycle in the photic zone. We note that the isopycnal model was implemented to reproduce large-scale O2 isotopologue trends in the open ocean rather than specific features of the surface isotopologue budget. Phenomena such as the seasonal accumulation of photosynthetic signals below the mixed layer (Luz & Barkan, 2009) are more sensitive to subtle differences in respiratory fractionation factors. Consequently, we consider the small 17 excesses (e.g., 10 – 20 ppm) or Δ36 deficits (e.g., 0.1 – 0.2‰) to be consistent with the model, as they likely reflect preservation of these near-surface signals. 
At low O2 saturation (i.e., < 50%), we find mostly good agreement, with measurement-model disparities primarily in δ18O values. These data are more sensitive to and potentially more influenced by diapycnal mixing, which would draw the isotopic data along endmember mixing trajectories with neighboring isopycnal surfaces (akin to the systematics of the northwest Pacific described in Section 3.2.1). Diapycnal O2 concentration gradients across isopycnal surfaces can be strong, especially in the northeast Pacific (e.g., ~50% between the σθ = 25.8 – 26.2 and σθ = 26.5 – 26.9 surfaces), so the O2 budget on the isopycnal may be incomplete at lower O2 saturation. Previous studies also suggest that the effective isotopic discrimination may be weaker at depth, perhaps related to diffusion limitation in particles or in sediments (Bender, 1990; Levine et al., 2009). Our results do not rule out this possibility: changing the 18αresp to 0.986 (from 0.982) improves agreement between the model and measurements in the lower range of O2 saturation for the σθ = 26.5 – 26.9 surface, although the model results near 50% show poorer agreement. Agreement for the other isotopologues is comparable in both cases.  

4.1.2 Previously published northeastern Pacific and equatorial Pacific data
We now compare our results with those of earlier studies on O and/or 17of O2 in the deep Pacific. Three previous studies are relevant. The first is Quay et al., (1993), which reports data from Stations Papa (50˚N 145˚W) and R (53˚N 145˚W). These two stations are subarctic and not in the model domain (40˚N to 40˚S), but they are close to the CDISK4-S5 and CDISK-S7 sites. The second study is Hendricks et al., (2005), which reports data from the equatorial Pacific, a productive environment influenced by upwelling. The third study is Quay et al., (2010), which includes data from the aphotic zone of the Hawaii Ocean Time Series site. Other studies from the Pacific [e.g., (Juranek & Quay, 2010; Juranek et al., 2012; Haskell et al., 2017)] were omitted for clarity because they were either coastal or did not report O2 isotopologue measurements from below the mixed layer. While seasonal biases between studies may be important, aphotic-zone trends are less likely to be sensitive to sampling season: the convergence of isotopic data at low O2 saturations suggests that lower-oxygen regions have a muted sensitivity to short-term surface variability in part due to dilution. The 17values were recalculated according to eq. 3 and the results are shown alongside the CDISK results in Figs. 7, 8 and 9.
The Quay et al. (1993) North Pacific δ18O data are comparable to the CDISK4 data; both are well explained by the isopycnal model. Some outliers in the data are apparent, but may reflect localized conditions and/or subtle sample contamination. The equatorial Pacific data from Hendricks et al., (2005), however, show a much larger spread in δ18O and 17Δ values than the CDISK4 data. At high O2 saturation, the Hendricks et al. (2005) data largely resemble the CDISK4 data, with higher 17 values reflecting higher productivity in the equatorial upwelling region. The lower ranges of the Hendricks et al. (2005) δ18O and 17Δ data, however, lie below the two-endmember mixing line (1%-100% saturation), with some water samples showing 17Δ values lower than even that for solubility equilibrium. Moreover, the 17 signals peak near moderate O2 saturations rather than at high O2 saturations in the equatorial Pacific. This high-17pattern, accompanied by low O values, is still apparent when O2 saturation is low (~20%). The isotopic differences between the equatorial and northeast Pacific at low O2 saturation are too large to be explained by differences in model parameters (Figs. 8D & 9D). 
These observations suggest that the high productivity and respiration rates in the equatorial Pacific yield fundamentally different O2 isotopologue systematics than in the northeast Pacific, even in the subsurface. To explain these systematics, we will first summarize the original explanation of the data put forth by Hendricks et al., (2005). The data were separated into three bins: (i) the mixed layer, (ii) the thermocline in the euphotic zone, and (iii) the aphotic zone. The mixed-layer data were explained by a conventional flux balance of photosynthesis, respiration, and air-sea gas exchange, whereas the other two bins required inputs of photosynthetic O2 where light levels have traditionally been considered too low to support significant primary productivity. In particular, the high-17/low-δ18O pattern at moderate O2 saturation in the thermocline, as well as the non-monotonic trends in 17Δ below the mixed layer (Fig. 9), were attributed to a combination of diapycnal mixing and local photosynthesis near or even below the 1% light level.
However, at the time, increases in 17values were thought only to arise from the addition of photosynthetic O2. The CDISK4 data and modeling results, as well as a recent study, suggest that 17values can also increase as O2 is consumed by respiration (Ash et al., 2020). Respiration-driven 17 increases at the surface and in the ocean’s interior offer an alternate explanation for the isotopic trends seen in the equatorial Pacific.
For example, the high-17/low-Opattern near 50% O2 saturation in the euphotic thermocline does not require an unusual amount of sub-mixed layer photosynthesis, at least relative to what has been observed elsewhere (Luz & Barkan, 2009); respiration and diapycnal inputs of mixed-layer O2 can explain the trend. The productive cold tongue sits above a shallow oxygen minimum in the equatorial Pacific, facilitating diapycnal mixing between productive and respired waters (i.e., between high- and low-O2 endmembers that both have high 17 values) (Hendricks et al., 2005). The equatorial Pacific O data generally fall closer to a 1% – 100% two-endmember mixing curve compared to the northeast Pacific data (Fig. 7A), supporting a greater role for mixing across a large O2 gradient. Therefore, two-endmember mixing between waters at the subsurface 17 maximum and waters with low O2, combined with respiration, can explain this high-17/low-O pattern at moderate O2 saturation in the equatorial Pacific. Photosynthesis at depths below the 1% light level is not required to explain these data.
At lower O2 saturation (<50%), many 17Δ values from the equatorial Pacific are unexpectedly low, with several even being negative, although negative 17Δ values were also found in the photic zone. Similarly low 17Δ values at low O2 saturation were reported by Haskell et al., (2017) at the coastal San Pedro Ocean Time Series site (33˚33’N, 118˚24’W). These low 17Δ values do not appear in the CDISK4 data, nor do they appear in any of the model scenarios. 
Observations of low 17Δ values in the ocean are usually explained by mixing between near-surface waters and an extremely low-O2, pure-Rayleigh respiration endmember [e.g., ~5% O2 saturation using 17/18,resp = 0.518 (Nicholson et al., 2014)]. Less extreme endmembers cannot reproduce those data because the nonlinearity in mixing for 17Δ values is insufficient. We note that no datasets in the Pacific thus far have shown low-O2 samples near the Rayleigh fractionation curve for surface waters: for example, the lowest O2 saturation observed in the CDISK4 dataset is 6% (CDISK4-S2, 849m depth), and duplicate isotopic measurements showed δ18O values of 18.27‰ and 18.32‰ and Δ36 values of 3.14‰ and 3.13‰, which are lower than the values predicted for Rayleigh fractionation (δ18O = 52.74‰ and Δ36 = 3.40‰ using 18resp = 0.982 and 36/18, resp = 2.048). The measured 17Δ values (82 ppm and 87 ppm) are also higher than the presumed low-O2 endmember 17Δ value used by Nicholson et al., (2014) of 40 ppm. The elevated 17Δ value characteristic of the highly respired endmember renders a negative 17Δ value more difficult to obtain. Using  17/18, resp = 0.520 (Ash et al., 2020), a Rayleigh-like mixing endmember of <5% O2 saturation would be required to explain negative 17Δ values (Fig. 9).
Recent studies suggest that temperature-dependent isotopic fractionation factors (Stolper et al., 2018) and analytical artifacts (Yeung et al., 2018) may contribute to these signals. However, the waters sampled during CDISK4 range from 2°C to 27°C, yet show minimal change in isotopic systematics with temperature; temperature-dependent isotopic fractionation factors need not be invoked to explain the multi-isotopologue trends. Finally, we note that contamination by atmospheric O2 cannot explain the observed deviation from the Rayleigh fractionation curve because the disparities in δ18O, 17Δ, and Δ36 values are not consistent (e.g., the δ18O deviation would indicate that the sample is 65% air and the Δ36 deviation would indicate the sample is 19% air). While we cannot strictly rule out contamination of the CDISK4 data, the repeatability and consistency in isotopic composition and O2/Ar ratios within the CDISK4 dataset argue against this possibility. We therefore hypothesize that the anomalously low 17Δ values observed in the equatorial Pacific at low O2 saturation may reflect previously unidentified analytical artifacts at low O2/Ar ratios (Yeung et al., 2018). 

4.1.3 Mass-dependent fractionation 
The measured and modeled isotopic covariations are compared in Fig. 8D-F. In general, respiration and mixing create mass-dependent trends on the cross plots that depart from Rayleigh fractionation trends and express limited curvature. The data and isopycnal model are qualitatively consistent, but there are notable quantitative discrepancies we will describe below. 
For the vs. 18O plot (Fig. 8D), observed excesses in  values can be explained by primary productivity elevating values by tens of ppm in the mixed layer and by a larger amount in the seasonal thermocline (Nicholson et al., 2014). The prescribed mass-dependent slope relating the 17O/16O and 18O/16O fractionations due to respiration (i.e., θ17/18,resp = 0.520) can explain the observed isotopic trend as 18O values increase. By contrast, for the 36 vs. 18O plot (Fig. 8E), the trend in the data is steeper than that predicted by the model, implicating the influence of diapycnal mixing or an underestimate of θ36/34,resp: the slope defined by the data resembles that of the 1% – 100% two-endmember mixing curve. Similarly, the trend in and 36 values at high Δ36 values (Fig. 8F) requires a either diapycnal mixing or a larger θ36/34,resp value to explain. These observations imply that the mass-dependent respiration slope relating 18O18O/16O16O and 16O18O/16O16O fractionation in the ocean may be larger than the slope prescribed in the model (i.e., θ36/34,resp > 2.048)―at least at greater depths in the aphotic zone. 
First-principles calculations on active-site analogues of the cyctochrome c oxidase enzyme suggest that the intrinsic θ36/34,resp value for respiration could be as high as ~2.1 (Ash et al., 2020); the corresponding Rayleigh fractionation trajectory is shown in Fig. 8C (“Rayleigh II”). A larger θ36/34,resp value could characterize marine systems, which have different oxygen consumption mechanisms from freshwater systems (from which the empirical estimate of θ36/34,resp = 2.048 is derived). Note that the model used in this study included only a simple representation of respiratory oxygen consumption that did not partition contributions from individual mechanisms such as alternative (e.g., cyanide-resistant) oxidases or the Mehler reaction.
4.2 Implications for the superoxide pathway for O2 consumption
	Sutherland et al., (2020a) recently suggested that dissolved superoxide (O2‑) cycling could be an important and previously overlooked component of the oceanic oxygen budget. Here, we evaluate its potential influences the isotopic budget of O2 in the Pacific ocean.
The marine source of superoxide is represented generically by reaction 11:
                    				 	(11)
This reaction represents the net contributions from photorespiration, the Mehler reaction and/or abiotic photochemical reactions in the photic zone (Sutherland et al., 2020a). The backwards reaction constitutes the electron-detachment loss pathway for superoxide. Superoxide destruction can also produce hydrogen peroxide, either alone or alongside an O2 product, through the following reactions:
         				(12)
       				(13)
Hydrogen peroxide can further react with organic carbon (Corg) to yield dissolved inorganic carbon (DIC), water, and O2: 
                     			(14)
                             			(15)
The reduction of superoxide to water and DIC is likely the most important superoxide sink affecting the isotopic composition of oxygen in the ocean because the other channels may not yield net consumption of O2 or O=O bonds, resulting in negligible changes to the isotopic mass balance.
Here, we estimate the steady-state gross flux for superoxide decay in the open ocean near Hawai’i by using the pseudo-first-order decay equation:
                                    			(16)
where kdecay is the pseudo first-order decay rate coefficient, which was experimentally determined to be  s−1 [1σ; (Sutherland et al., 2020a)]. Superoxide concentrations in the surface ocean (10m) near Hawai’i are ~10 pM, among the lowest of those reported in the literature (Roe et al., 2016; Sutherland et al., 2020a). Assuming that superoxide production and decay rates are equal at steady state, we calculate that µmol O2/kg seawater/yr must be consumed to maintain these concentrations of superoxide. Superoxide concentrations measured at depth are larger (e.g., ~60pM at 100 m), implying proportionately larger gross O2 consumption rates in the aphotic zone. These implied O2 consumption fluxes are equal to or larger than the respiration rates at similar depths in the oligotrophic ocean (e.g., 3 µmol O2/kg seawater/yr reported here for σθ = 25.8 – 26.2). 
However, not all superoxide cycling will lead to net O2 destruction, as several pathways (i.e., reactions 13 and 15) yield a return flux of O2 and may not involve O=O bond scission. We will therefore estimate the lower limit of irreversible O2 consumption through the superoxide pathway by examining the stoichiometries of reactions 12 – 15. If all superoxide cycles through these reactions, one-quarter of its oxygen atoms are irreversibly consumed at a minimum, via reactions 13 and 14: just one of the two superoxide molecules forms H2O2 in reaction 13 (the other reverts to neutral O2) and just one of the two H2O2 molecules makes H2O in reaction 15 (the other reverts to neutral O2). All other pathways lead to more net superoxide removal. The minimum net O2 removal rate via the superoxide pathway in the surface ocean near Hawai’i is therefore  µmol O2/kg seawater/yr, about one-third the implied respiration rate on the σ = 25.8 – 26.2 isopycnal surface (3 µmol O2/kg seawater/yr). In the aphotic zone, the minimum would be sixfold larger, i.e.,  µmol O2/kg seawater/yr, which is difficult to reconcile with the low apparent respiration rates for the deep Pacific. These results suggest that superoxide destruction via electron detachment (the reverse of eq. 11) is the most important mechanism of superoxide removal in the oligotrophic Pacific. In regions characterized by higher respiration rates such as the equatorial Pacific, however, superoxide destruction via reactions 12 – 15 could constitute an important component of the O2 budget. 
[bookmark: _Hlk71831271]In principle, the stable isotopologues of dissolved O2 should record fractionation due to superoxide consumption. While the fractionation factors for superoxide formation have not yet been measured, theoretical calculations suggest that the equilibrium isotopic fractionation between O2 and superoxide is characterized by 18 = 0.970, θ17/18 = 0.527, and θ36/34 = 2.027 at 10°C (Ash et al., 2020), while a kinetically controlled outer-sphere electron-transfer mechanism would have 18 = 0.920, θ17/18 = 0.523, and θ36/34 = 2.060 at 10°C (Yeung & Hayles, 2021). These fractionation factors suggest that O2 consumption via the superoxide pathway would tend to increase δ18O and 17Δ values in the O2 pool relative to the isopycnal model results; the latter kinetic mechanism in particular has a mass dependence that yields a steeper Rayleigh-like trajectory for 17Δ values (Rayleigh II shown in Fig. 8B). 
However, higher δ18O and 17Δ values for a given O2 saturation, manifest as more strongly upward-sloping trends, would exacerbate disagreements between the measurements and model of the northeast Pacific (Fig. 7). This tendency disfavors the possibility of a significant missing superoxide O2 consumption pathway in the model: either the superoxide pathway of net O2 consumption is negligible, or the measured O2 respiration fractionation factors already include the superoxide degradation pathway implicitly. Therefore, the isotopic data in the aphotic oligotrophic Pacific are best explained if most superoxides react to reform O2 without rupturing the O=O bond.

5. Conclusions
Our measurements and modeling of dissolved O2 in the northeast oligotrophic Pacific suggests that 18O, 17, and values of dissolved O2 trace oxygen cycling and transport in the subsurface ocean. The results broadly corroborate previous estimates of respiration rates in the deep Pacific ocean and provide constraints on mechanisms of isotopic fractionation in the aphotic zone. 
In particular, our results lend field-based support for the respiratory mass dependence of isotopic fractionation reported in a recent study (Ash et al., 2020), which are significantly different from those typically used for oxygen cycling in the ocean (Bender, 2000; Juranek & Quay, 2013; Luz & Barkan, 2000). These new respiratory fractionation factors comprehensively explain the CDISK4 data from the northeast Pacific and provide a simple framework for explaining previously published data from the Pacific, including the enigmatic trends reported for the equatorial region. The new steeper “triple-oxygen” mass dependence for respiration (i.e., θ17/18,resp ≈ 0.520), now supported by experiments, theory, and field observations, suggests that elevated 17Δ values in the ocean cannot be uniquely ascribed to primary production and mixing; respiratory oxygen consumption comprises an important component of the triple-oxygen isotope budget, and thus must be disentangled from the primary production signal as well as the variations caused by eddy-diffusive and advective transport. Nevertheless, the preservation of surface signals in deep-ocean O2 may have implications for proxy reconstructions of marine productivity based on seafloor archives such as manganese nodules (Sharp et al., 2018; Sutherland, et al. 2020b).
Moreover, the isotopic results imply that net O2 consumption through the superoxide pathway may be minor compared to conventional respiratory O2 consumption in the oligotrophic north Pacific. Alternately, the effects of superoxide cycling are implicitly included in laboratory measurements of respiratory oxygen consumption. Nearly all isotopic data are well described by an independently determined set of isotopic fractionation factors for respiration; any missing O2 consumption pathway, if present, is subtle. While the data cannot rule out irreversible O2 consumption via the superoxide pathway in the equatorial Pacific, the isotopic systematics for respiration and mixing described herein can explain the majority of the existing data from the subsurface equatorial Pacific without needing to employ a new O2 consumption pathway.
In contrast to those for δ18O and 17 values, the aphotic-zone trends in values appear to be largely determined by the O2 removal mechanism (i.e., respiration) and much less so by presumed transport and mixing patterns in the deep ocean. This unique behavior of values, in addition to its sensitivity to the presence of photosynthetic O2, might be useful for partitioning the importance of competing O2 cycling mechanisms within the deep ocean.
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Fig. 1. Map of CDISK4 Stations where depth profiles were obtained. CDISK4-S1 is the same location as the Hawai’i Ocean Time Series site. 
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[bookmark: _Hlk97109978]Fig. 2. Contour plot of the stream functions in the northern and southern gyres. In the northern gyre, the flow is clockwise, while in the southern gyre, the flow is counter-clockwise. The yellow boxes show the exposure surfaces where the isopycnal layer is ventilated at the northern and southern boundaries.
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[bookmark: _Hlk97109952]Fig. 3. Depth (left) and O2 saturation (right) contour plots for the σ = 25.8 - 26.2 layer derived from WOA 2013 data, shown with sampling locations overlain. 
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Fig. 4. Measured O2 saturation and isotopologue composition vs depth at CDISK4-S1. The red horizontal line represents the mixed-layer depth. The data shown are (A) dissolved O2 saturation, (B) 18O, (C) 17, and (D) 36 vs. depth.
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Fig. 5. Modeled dissolved O2 saturation for the isopycnal layer with potential density σ = 25.8 - 26.2. Three specific advection-diffusion regions are highlighted: the South Pacific gyre (yellow box), a portion of the Northeast Pacific (green box) and a portion of the Northwest Pacific (blue box).
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[bookmark: _Hlk97110598]Fig. 6. Respiration-transport modeling results for the σ = 25.8 - 26.2 isopycnal layer. The colors correspond to the boxed regions in Fig. 5. The black dashed line is the Rayleigh fractionation trend for closed-system respiration (18αresp = 0.982, θ17/18 = 0.520, θ36/18 = 2.048), starting from air-water saturation equilibrium. The blue solid and dot-dashed lines are a the two-end member mixing curves between air-water saturation equilibrium and a purely Rayleigh-fractionated low-O2 endmember (10% or 30% O2 saturation, respectively). 
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[bookmark: _Hlk63614349]Fig. 7. Comparison of respiration-transport modeling results for the σ = 25.8 - 26.2 and 26.5 - 26.9 isopycnal layers with the observations from CDISK4. Error bars correspond to the pooled standard deviation (±1σ). The pooled standard deviations for δ18O values are smaller than the size of the data points. In the legend, Model NE Pacific corresponds to model results contained within the blue box in Fig. 5, whereas Model NH corresponds to results contained within the model northern hemisphere extratropics (i.e., Y > 1000km). The red “zig-zag” curve depicts a hypothetical trajectory associated with multiple cycles of mixed-layer O2 production and consumption (labeled as Photic zone O2 cycling).
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Fig. 8. Measurement-model comparison for the isopycnal model with photosynthetic O2. For the σθ = 25.8 – 26.2 surface, the effects of photosynthesis shown are for the “explicit addition” method described in Section 2.3.4, to better capture the range in variability. For the σθ = 26.5 – 26.9 surface, the effects of photosynthesis shown are for the “implicit addition” method. “Implicit addition” results for the σθ = 25.8 – 26.2 surface are shown in Fig. S5. The colored curves are the same as in Fig. 7, with “Rayleigh I” corresponding to the pure Rayleigh fractionation trajectory for the fractionation factors used in the model (18resp = 0.982, 17/18, resp = 0.520, and 36/18, resp = 2.048) and “Rayleigh II” corresponding to the sensitivity tests described in Section 4.1 and 4.2 (i.e., 17/18, resp = 0.523 and 36/18, resp = 2.1).
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Fig. 9. O2 isotopologue versus O2 saturation for photic-zone and aphotic zone samples in the CDISK4 data and those of Hendricks et al., (2005) compared to mixing and Rayleigh fractionation scenarios.
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	Parameter
	Respiration
	Reference
	Equilibrium
	Reference

	18α
	0.982
	(Bender, 1990)
	1.00076
	(Benson & Krause, 1984)

	θ17/18
	0.5200
	(Ash et al., 2020)
	0.5312
	(Li et al., 2019)

	θ36/18
	2.048
	(Ash et al., 2020)
	1.9393
	(Li et al., 2019)

	
	
	
	
	


Table 1. Respiration and equilibrium fractionation factors for O2 isotopologues.
	Parameters
	Description
	Value

	A
	Streamfunction amplitude 
	7.2 × 105 m2/s

	K
	Isotropic diffusion coefficient
	1200 m2/s
(5040, 3200, and 4000 m2/s at western, central, and eastern equatorial boundary)


	Jequator
	Mean O2 respiration rate at equator
	47 mmol/kg/yr

	Jresp
	Mean O2 respiration rate outside the equator
	3.0 mmol/kg/yr


Table 2. Optimal parameter set determined from the region-specific grid search.
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