
 

1 

Assessment of C, N and Si isotope tracers associated to past ocean 
productivity 

J. R. Farmer1,2*, J. E. Hertzberg3*, D. Cardinal4, S. Fietz5, K. Hendry6, S. L. Jaccard7,8, 
A. Paytan9, P. A. Rafter10, H. Ren11, C. J. Somes12, J. N. Sutton13, and GEOTRACES-
PAGES Biological Productivity Working Group Members14 

1Department of Geosciences, Princeton University, Princeton, NJ, USA  
2Max-Planck Institute for Chemistry, Mainz, Germany 
3Department of Ocean, Earth & Atmospheric Sciences, Old Dominion University, Norfolk, 
VA, USA 
4LOCEAN (UMR7159), Sorbonne Université, IRD, CNRS, MNHN, Paris, France 
5Department of Earth Sciences, Stellenbosch University, Stellenbosch South Africa 
6School of Earth Sciences, University of Bristol, Bristol, UK 
7Institute of Geological Sciences and Oeschger Center for Climate Change Research, 
University of Bern, Bern, Switzerland 
8Institute of Earth Sciences, University of Lausanne, Lausanne, Switzerland 
9Institute of Marine Sciences, University of California, Santa Cruz, Santa Cruz, CA, USA 
10Department of Earth System Science, University of California, Irvine, CA, USA 
11Department of Geosciences, National Taiwan University, Taipei, Taiwan 
12GEOMAR Helmholtz Centre for Ocean Research Kiel, 24105 Kiel, Germany 
13Univ Brest, CNRS, IRD, Ifremer, Institut Universitaire Européen de la Mer, LEMAR, 
Plouzané, France 
14A full list of working group members and their affiliations appears at the end of the 
manuscript 

*Corresponding authors: Jesse Farmer (jesse.farmer@princeton.edu) & Jennifer Hertzberg 
(jennifer.hertzberg@gmail.com) 

Key Points: 
● Review of oceanic distribution, controlling processes, and sedimentary archives of C, 

N, and Si isotopes 

● Late Quaternary C, N, and Si sedimentary isotope records demonstrate coupling 
between the biological pump and atmospheric pCO2 

● Cenozoic C, N, and Si sedimentary isotope records indicate large-scale changes in 
nutrient sources, concentrations, and the carbon cycle 
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Abstract 

Biological productivity in the ocean directly influences the partitioning of carbon 

between the atmosphere and ocean interior, thereby controlling the distributions of many 

elements and their isotopes in the ocean. Through this carbon cycle feedback, changing ocean 

productivity has long been hypothesized as a key pathway for modulating past atmospheric 

carbon dioxide levels and hence global climate. To reconstruct climate impacts from 

temporal changes in paleoproductivity, robust proxies are needed to test the connection 

between past ocean productivity, nutrient biogeochemistry, ocean circulation and climate. 

Here we compile water column carbon (C), nitrogen (N) and silicon (Si) stable isotopes from 

GEOTRACES-era data in four key ocean regions to review geochemical proxies of oceanic 

carbon and nutrient partitioning based on the C, N, and Si isotopic composition of marine 

sediments. Relationships between water column isotope distributions, ocean productivity, and 

nutrient utilization are discussed. The potential for isotope measurements in sedimentary 

archives to record aspects of past ocean productivity are evaluated, along with key 

uncertainties and limitations associated with each proxy. Constraints on past ocean 

productivity, nutrient cycling and utilization during late Quaternary glacial-interglacial cycles 

and over the Cenozoic are examined. This review highlights opportunities for future research 

using multielement proxy applications and emphasizes the importance of such applications to 

reconstructing Cenozoic climate evolution. 
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Plain Language Summary 

The ability of ocean phytoplankton to fix carbon—and ultimately influence the air-sea 

partitioning of the important greenhouse gas carbon dioxide—highlights the potential for this 

“primary production” to influence global climate in the past and future. To improve 

understanding of current and future scenarios of carbon dioxide levels, geochemists study 

changes in primary production over geological timescales. Here, we examine some of the 

geochemical tools used to reconstruct past changes, specifically testing the use of nutrient-

based proxies. Because nutrients fuel phytoplankton growth, tracing past nutrient uptake 

records important aspects of past biological production. In addition, biological incorporation 

also controls stable (non-radioactive) isotopic composition, which is largely preserved in 

marine sedimentary archives. Here we illustrate new knowledge around main processes 

driving the carbon, nitrogen, and silicon isotopic distribution in the water column, processes 

that are popularly described as the “wheel” of ocean nutrient input, uptake, export, and 

recycling. We include scientific caveats and the extent of uncertainty, which are important for 

scientific interpretation of reconstructions. We then interpret representative 

geochemical reconstructions of biological production and nutrient use since the last ice age 

and over the last 70 million years. We use this knowledge to highlight directions for future 

research. 

 

1 Introduction 

Within the sunlit surface ocean, pelagic photoautotrophs (“phytoplankton”) use 

sunlight to assimilate inorganic elements into organic material via photosynthesis. This 

organic material, which forms the base of the oceanic food web, is either regenerated 

(“recycled”) to release dissolved elements within the surface ocean or exported to depth 

below the mixed layer. The regenerated elements from this exported organic material in the 

deep ocean later return to the surface ocean via upwelling and mixing. The small fraction of 

the remaining organic material that is not regenerated in the water column will be removed 

via burial in the underlying sediments. This interplay of inorganic element supply, 

assimilation, recycling, export and loss defines what we call the “wheel” of ocean 

productivity (see Sigman & Hain, 2012). 

Several terms define the magnitude of different components of the ocean productivity 

wheel. Net Primary Production (NPP) refers to the rate of production by photoautotrophs 
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minus their metabolic requirements (or their respiration); it is effectively the rate at which 

phytoplankton produce new biomass. Net Ecosystem Production (NEP) is NPP minus the 

total (ecosystem) respiration. When functionally constrained to the euphotic zone, at steady 

state, NEP equates to export production; that is, NEP equates to the removal of organic 

material from the surface ocean and any addition of new nutrients from external sources (i.e., 

atmospheric deposition or riverine input). Here we use NEP and export production 

interchangeably (ignoring external sources of nutrients). Integrated over the entire ocean and 

on sufficiently long timescales, NEP must equal the supply of new nutrients to the surface 

ocean (via upwelling, mixing and external sources). 

The NEP component of the ocean productivity wheel is of profound interest on 

centennial to multimillennial timescales of paleoclimate research, as NEP provides a 

mechanism by which carbon is sequestered away from the atmosphere. Carbon export from 

the surface ocean via NEP lowers the partial pressure of atmospheric carbon dioxide (CO2) in 

the surface ocean, increasing CO2 solubility. This “biological carbon pump” (Volk & Hoffert, 

1985) acts as a sink for atmospheric CO2 over time intervals ranging from the mixing 

timescale of the intermediate and deep ocean (decades to millennia) at minimum, to geologic 

timescales for exported carbon preserved in the sediments (millennia to millions of years). 

Therefore, NEP represents an essential pathway for ocean drawdown and storage of 

atmospheric CO2. Through this impact on atmospheric CO2, changing NEP is central to 

hypotheses considered to explain glacial-interglacial changes in atmospheric CO2 levels and 

climate (Broecker, 1982; Berger et al., 1989; Paytan, 2009; Sigman et al., 2010; Hain et al., 

2014; Galbraith & Jaccard, 2015; Galbraith & Skinner, 2020).  

Measurable parameters that record aspects of past ocean productivity are required to 

test hypotheses linking ocean productivity with atmospheric CO2 and climate. Here we 

review geochemical proxies based upon sedimentary isotope ratios of three abundant 

biologically mediated elements: carbon (C), nitrogen (N), and silicon (Si). Although 

sedimentary C, N, and Si isotope ratios are relatively established tools within the 

(paleo)oceanography community, a review of their application at this time is warranted given 

improved understanding of ocean element and isotopic distributions from GEOTRACES and 

other hydrographic surveys. A synthesis of trace elements and their isotopes as potential 

paleoproductivity proxies is provided in a companion manuscript (Horner et al., this volume). 

Paleoproductivity proxies encompass a broad spectrum of tools, including proxies for 

sedimentary redox conditions (Tribovillard et al., 2006), flux-normalized accumulation of 
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organic debris within sediments (Costa et al., 2020), and nutrient tracers, the last of which is 

the principal focus for this manuscript. Sedimentary C, N, and Si isotopes do not measure 

export production directly. Instead, these tools track element utilization, that is, the ratio 

between element supply to the surface ocean and biological element consumption. For the 

case of nutrients, utilization is directly relevant to export production because the quantity of 

nutrient uptake equals the amount of carbon drawdown through export production at steady 

state (Dugdale & Goering, 1967; Eppley & Peterson, 1979). In this context, proxies for past 

nutrient utilization can constrain the past behavior of the biological pump, as the balance 

between nutrient supply and consumption links directly to the balance between ocean carbon 

uptake and release (Robinson et al., 2005).   

However, nutrient isotope proxies face a shared weakness with respect to 

productivity: once element consumption progresses to completion (as is the case for N and Si 

in oligotrophic regions), changes in isotope ratios no longer scale with export production 

(Section 3, below). In these oligotrophic settings, nutrient isotope proxies still provide 

valuable information on processes impacting regional nutrient inputs to and losses from the 

ocean. Given sufficient constraints, such records can inform on changes in global nutrient 

inventories, with direct relevance to global ocean productivity and climate (Broecker, 1982).     

In this review, we address three questions for C, N, and Si isotopes: 

(1) Which processes does the element/isotope ratio track? How does ocean 

productivity impact the element/isotope ratio? Can the impact of productivity be 

distinguished from processes at ocean interfaces and other internal cycles? 

(2) Where can the element/isotope ratio be measured? Are sediment archives 

available for reconstructing past variations in the element/isotope ratio? If so, which 

archive(s) hold the most promise? What are the assumptions associated with using each of 

these archives? 

(3) What research priorities would make the element/isotope ratio more useful for 

paleoproductivity studies? Where do current uncertainties lie, and what research directions 

could improve the veracity of paleoproductivity reconstructions using these tools? 

 



 

6 

2 Data notations and sources 

2.1 Reporting of isotope ratios 

Isotope ratios are reported in δ notation, expressing the part-per-thousand (‰) 

deviation in sample isotope ratio relative to accepted international standards of known 

isotopic composition:  

    (1) 

    (2) 

    (3) 

where VPBD, air N2 and NBS28 are the accepted international standards for C, N, and Si 

isotopes, respectively. 

 

2.2 Data sources 

Seawater data presented here are sourced from four oceanographic regions of distinct 

hydrography, biogeochemistry and export production: The North Atlantic Subtropical Gyre 

(hereafter NASTG), the eastern tropical South Pacific (hereafter ETSP), the central tropical 

South Pacific (hereafter CTSP), and the Southern Ocean. Southern Ocean data are further 

subdivided into the Subantarctic Zone (hereafter SAZ), between the Subantarctic Front and 

the Polar Front, the Open Antarctic Zone (hereafter OAZ), between the Polar Front and the 

Southern Antarctic Circumpolar Front (SACCF), and the Polar Antarctic Zone (PAZ) south 

of the SACCF. Data were principally sourced from the GEOTRACES IDP2017 (Schlitzer et 

al., 2018) complemented with additional datasets to address data gaps as described below. 

Carbon isotopes in dissolved inorganic carbon (DIC) were collected along 

GEOTRACES sections GA03 (Quay & Wu, 2015), GP16 (P. Quay, 

https://www.bodc.ac.uk/data/documents/nodb/502092/), and GI04 (Y. Kumamoto, 

https://www.bodc.ac.uk/data/documents/nodb/321702/). Nitrogen isotopes of dissolved 

nitrate were collected on GEOTRACES section GA03 (Marconi et al., 2015) and GP16 
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(Peters et al., 2018). As no Southern Ocean nitrate isotope data are available in 

GEOTRACES IDP2017, nitrogen isotope data of nitrate plus nitrite from GOSHIP I08S 

(Fripiat et al., 2019) were supplemented. Silicon isotopes in silicic acid were collected along 

GEOTRACES section GA03 (Brzezinski & Jones, 2015) and GIPY04 (Fripiat et al., 2012). 

 Available data from each region (typically representing three to ten hydrographic 

stations) were binned via depth, and a smoothed spline fit was generated in MATLAB with a 

smoothing parameter (p) of 1x10-4 to 1x10-6. The exact value of p was chosen to minimize 

root mean square error and depict regional-scale water column features while diminishing 

local variability (Fig. 1). 

 

 
 
Figure 1. Smoothed spline fits to Polar Antarctic Zone water column data for δ13CDIC (a, circles), [NO2- + NO3-] 
δ15N (b, diamonds), and dSi δ30Si (c, triangles). Data sources: (a) GEOTRACES GI04 Station ER-14 (Y. 
Kumamoto), (b) GOSHIP I08S stations 5, 8, 12, 19, and 25 (Fripiat et al., 2018), (c) GEOTRACES GIPY04 
stations 72 and 78 (Fripiat et al., 2012). 

 

3 Common processes 

 At steady state, the flux of nutrients driving primary production in the surface ocean 

will be equal to the export of these same elements out of the surface ocean. With this 

assumption in mind, Dugdale & Goering (1967) equated the consumption of the nutrient 

nitrate—the primary form of fixed nitrogen (N) delivered to the surface ocean—to the 
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organic matter exported from the surface ocean at steady state. Later work elaborated on this 

relationship, stressing that nitrate consumption in the surface ocean is:  

“quantitatively equivalent to the organic matter that can be exported from the total 

production in the euphotic zone without the production system running down.” 

(Eppley & Peterson, 1979).  

This observation (specific for nitrate, but translatable to C, Si, and other biologically utilized 

elements) provides a simple construct for paleoproductivity reconstructions: Assuming steady 

state, past export productivity can be reconstructed from knowledge of either the flux of the 

limiting nutrient into the surface ocean or flux of biogenic material out of the surface ocean. 

In reality, both quantities are quite challenging to ascertain from the elemental composition of 

marine sediments, as discussed in detail elsewhere (Berger et al., 1989; Paytan, 2009; Felix, 

2014).  

 The isotopic composition of these major elements preserved in different sedimentary 

archives provides an alternative toolbox to assess past changes in nutrient supply, 

consumption and export production. Uptake and assimilation of elements by phytoplankton 

typically occurs with a preference for the lighter isotope (Fig. 2). For example, phytoplankton 

preferentially assimilate 12C over 13C by approximately 19 parts per thousand (Sackett et al., 

1965; Degens et al., 1968), and 14N over 15N by approximately 4 to 7 parts per thousand 

(Waser et al., 1998; Fripiat et al., 2019). Silicifiers exhibit a similar preference for 

isotopically lighter dissolved silicic acid by approximately 1 part per thousand (e.g., De la 

Rocha et al., 1997; Sutton et al., 2013). Simple quantitative models relate the isotopic 

composition of nutrient supply and the degree of biological nutrient drawdown to the isotopic 

composition of biogenic production (Mariotti et al., 1981; Sigman & Fripiat, 2019). These 

models follow closed system (“Rayleigh”) or open system (“steady-state”) pathways: 

Closed system (Rayleigh): δiXbiogenic = δiXnutrient supply + ε*[f / (1 – f)]*ln (f)      (4) 

Open system (Steady-state): δiXbiogenic = δiXnutrient supply – ε*f                             (5) 

where for a given element X, δiXnutrient supply is the isotopic composition of the nutrient supply, 

ε is the isotope effect (fractionation) expressing the isotope preference during uptake and 

assimilation, and f is the degree of consumption of the nutrient supply. In the Rayleigh model, 

the accumulated biogenic production (Eq. 4) derives from a nutrient pool that is “closed” 
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from resupply or loss (aside from uptake) during biogenic production. In the steady-state 

model, the accumulated biogenic production (Eq. 5) derives from a nutrient pool that is 

“open” and subject to continuous resupply. 

 The above models and Figure 1 highlight two consequences for paleoproductivity 

estimates. First, it is clear that the biological consumption of C, N, and Si, biogenic export, 

and remineralization (arrows inside orange box, Fig. 2) are deterministic processes for the 

isotopic compositions of exported biogenic production and the oceanic dissolved inorganic 

element inventory. Under certain conditions (discussed in detail below), mathematical models 

that relate the isotopic composition of biogenic material to nutrient supply and consumption 

(Eq. 4 and 5) can be inverted, such that isotopic measurements of biogenic material allow for 

reconstruction of the past degree of surface ocean nutrient consumption (f), which can scale 

with NEP under steady-state conditions. However, biological consumption, export and 

remineralization are not the only influences on the concentration and isotopic composition of 

dissolved inorganic elements. Other processes—internal and at interfaces—alter δiXnutrient 

supply in Eq. 1 and 2 and can occur over a range of spatiotemporal scales (arrows outside 

orange box, Fig. 2). Constraining these other processes requires additional data for each 

element, as discussed below. 

 

Figure 2. Schematic summary of processes affecting isotopic composition of dissolved C, N, and Si (dCNSi). 

Processes related to biological productivity are outlined in the orange box. Gas exchange processes are 
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indicated by dotted arrows; uptake and regeneration follow dashed arrows. Solid arrows indicate dissolved 

element transport due to ocean circulation or sinking, or the residual dissolved element pool resulting from 

incomplete consumption during uptake. Red/blue/brown/gray elements denote a relative 

decrease/increase/uncertain/minor change to the isotopic composition (δ-value) of the element resulting from 

the associated process. Basemap modified after Hain et al. (2014). 

4 Carbon isotopes  

 Dissolved inorganic carbon (DIC) is present at abundant quantities in the oceans as 

aqueous carbon dioxide CO2, bicarbonate HCO3-, and carbonate CO32-. As carbon is an 

essential element for life, biological production consumes DIC. However, DIC consumption 

differs from that of nitrogen and silicon in one key fashion. Whereas nitrogen and silicon are 

principally supplied from the ocean interior and may be completely consumed in surface 

waters (Sections 5 and 6), DIC is never completely consumed in the surface ocean, reflecting 

both its abundant concentration and continual resupply by exchange with atmospheric CO2 

(Fig. 2).  

Deviations in the abundances of the two stable isotopes of carbon (12C and 13C) 

throughout the water column reflect a combination of biological, physical, and chemical 

processes. Here we focus on the δ13C of DIC (δ13CDIC), which primarily reflects the δ13C of 

bicarbonate because the DIC pool is > 90% bicarbonate at the average ocean pH of 8.1. 

4.1 Modern ocean δ13C-DIC distribution 

The general pattern of δ13CDIC in the modern ocean consists of higher δ13CDIC in the 

surface ocean, a subsurface minimum between 100-1000 m depth, and lower δ13CDIC in 

deeper waters (Fig. 3b). The highest δ13CDIC is observed in the upper 100 m of the CTSP and 

SO PAZ, and the lowest δ13CDIC overall is in the ETSP. The difference in surface ocean 

δ13CDIC between these regions is about 1‰, but the CTSP and ETSP converge to similar 

values below 1000 m. Of the four regions shown in Fig. 3b, the NASTG has the lowest range 

of δ13CDIC with depth. While the ETSP, CTSP, and SO PAZ all have lower δ13CDIC below 

1000 m than in the upper 10 m, the NASTG has similar δ13CDIC values in the upper 10 m and 
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below 1000 m. The regional contrast in these patterns is due to spatial differences in the 

strength of driving processes and varying oceanographic regimes, as described below. 

 
Figure 3. Water column profiles of major element isotope ratios. a) Global data assimilation model of net 

export production calculated as C flux at the base of the euphotic zone (DeVries & Weber, 2017). Colored 

boxes denote regions and cruises of water column element concentration and isotope data. b) carbon isotopes in 

DIC, c) nitrogen isotopes in nitrate+nitrite, d) silicon isotopes in silicic acid versus depth. Lines are smoothed 

spline fits to water column data (Fig. 1). Dashed red line is from open Antarctic Zone (OAZ); dotted red line is 

from Subantarctic Zone (SAZ), solid red line is from the Polar Antarctic Zone (PAZ), blue line is from the 

NASTG (North Atlantic Subtropical Gyre), yellow line is from the ETSP (Eastern Tropical South Pacific), and 

brown line is from the CTSP (Central Tropical South Pacific). See Section 2.2 for data sources.  

4.2 Driving processes of modern ocean δ13CDIC distribution 

Analyzing the distribution of δ13CDIC in the global oceans, Kroopnick (1974, 1985) 

noted that δ13CDIC was mainly influenced by photosynthetic kinetic fractionation and 

respiration in the surface waters and remineralization of organic matter in the deeper ocean. 

Marine phytoplankton preferentially incorporate the lighter 12C during photosynthesis, 
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leaving the photic zone DIC relatively more enriched in 13C (Fig. 2). This fractionation of 

about -19‰ for marine photosynthesis leaves the residual DIC in the nutrient depleted 

surface ocean with a high δ13CDIC compared to that of deep water (Lynch-Stieglitz et al., 

1995). As organic matter, which is strongly enriched in 12C, sinks out of the photic zone, it is 

subject to microbial degradation and remineralization. This process results in the release of 
12C enriched DIC and nutrients at depth, lowering the δ13CDIC of deeper waters. A decrease in 

the production of organic matter in the photic zone will decrease δ13CDIC in the surface ocean 

and increase δ13CDIC at depth, as less 12C is removed from the DIC pool for photosynthesis 

and released at depth during remineralization (Fig. 2). Therefore, the overall pattern of 

δ13CDIC in the ocean is one of higher δ13CDIC in the surface ocean and lower δ13CDIC at depth 

(Fig. 3b).  

A further feature of the δ13CDIC of deep water is the gradual increase in 12C 

enrichment with time as a result of accumulated organic matter respiration at depth, 

beginning at the time a water mass is no longer in contact with the atmosphere. As a result, 

the δ13CDIC of deep waters decreases with increasing age.  Following the broad pattern of 

global deep ocean circulation, this effect results in lower δ13CDIC in the deep Pacific than in 

the deep Atlantic at present (Fig. 3b) and makes δ13C a non-conservative tracer of deep-water 

masses (e.g. Curry & Oppo, 2005).   

 In addition to biological δ13C fractionation, equilibrium fractionation during air-sea 

gas exchange can influence the δ13CDIC in surface seawater (Fig. 2).  If atmospheric CO2 were 

in isotopic equilibrium with oceanic DIC, the DIC pool would be enriched in 13C relative to 

atmospheric CO2 by ~8‰ at 20 ºC (Zhang et al. 1995).  During invasion of atmospheric CO2 

into surface seawater, aqueous CO2 fractionates by -1.1‰ at 20ºC, but subsequent 

fractionation with respect to HCO3- and CO32- results in an overall enrichment of ~8‰ 

(Lynch-Stieglitz et al. 1995).  These equilibrium fractionations also depend on the 

temperature of equilibration, with surface water DIC becoming more enriched relative to 

atmospheric CO2 by ~1‰ per degree of cooling (Mook et al., 1974). However, for a 50 m 

deep surface mixed layer, it would take ~10 years for the carbon isotopes to equilibrate 

between the atmosphere and ocean, which is longer than the residence time of most water 

masses at the ocean surface (Broecker & Peng, 1982). As a result, there is no region in the 

ocean where surface water δ13CDIC is in complete isotopic equilibrium with atmospheric 

δ13CCO2 (Broecker & Maier-Reimer, 1992).  In some regions, the effects of gas exchange and 
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biology on surface water δ13CDIC work together, such as the subpolar oceans where both tend 

to increase δ13CDIC, while in the subtropics, biology acts to increase δ13CDIC but gas exchange 

tends to decrease δ13CDIC (Schmittner et al., 2013) (Fig. 2 and 3b).  

Another factor that has influenced oceanic δ13CDIC over the industrial era is the 13C 

“Suess” effect (Keeling, 1979). The CO2 emitted to the atmosphere from fossil fuel 

combustion is strongly depleted in 13C, leading to a reduction in the δ13C of atmospheric CO2. 

Measurements from air trapped in ice cores show that the preindustrial background δ13CCO2 

was around -6.4‰ (Bauska et al., 2015), but had declined to -8.4‰ by 2014 (Keeling et al., 

2017). Air-sea exchange has resulted in the propagation of this 13C Suess effect into the upper 

ocean, decreasing upper ocean δ13CDIC values (Eide et al., 2017) and weakening the δ13CDIC 

gradient between the surface and deep ocean (Olsen & Ninnemann, 2010).  

4.3 δ13C Archives  

 The use of carbon isotopes as a paleoproductivity proxy was first suggested by 

Tappan (1968), who noted that higher δ13C values in the carbonate tests of surface dwelling 

planktic foraminifera were indicative of periods of increased organic carbon burial in marine 

sediments and possibly increased NEP.  The δ13C of foraminifera tests is controlled by the 

δ13CDIC of the seawater in which the calcite test precipitated. Laboratory experiments have 

also demonstrated that the δ13C of foraminiferal calcite varies with symbiont photosynthesis, 

respiration, and seawater [CO32-] (Spero, 1998).  The combined influence of these 

physiological processes shifts planktic foraminiferal δ13C away from carbon isotopic 

equilibrium.  Carbon isotope data obtained from tests collected from plankton tows or 

sediment traps can help determine average population or even specific species offsets from 

δ13CDIC so that the fossil record of planktic foraminiferal δ13C can be used to reconstruct past 

δ13CDIC (Spero et al., 2003). The δ13C of epifaunal benthic foraminifera species that live close 

to the sediment/water interface generally reflects the δ13CDIC of bottom water masses and can 

be used to reconstruct the δ13CDIC of deep waters (Woodruff et al., 1980).      

 The δ13C difference between surface dwelling planktic and epifaunal benthic 

foraminifera can be used to reconstruct the vertical gradients in δ13CDIC between the surface 

and deep ocean in the past.  These vertical gradients are assumed to reflect the integrated 

efficiency of the ocean’s biological soft-tissue pump (Broecker, 1982; Shackleton et al., 

1983). The larger the difference between benthic and planktic δ13C (e.g., the steeper the 

δ13CDIC gradient) the higher the productivity is assumed to have been for the time period of 
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interest. Conversely, a smaller difference (weaker δ13CDIC gradient) is indicative of a weaker 

biological pump and decreased productivity. Because export productivity varies considerably 

in the ocean at any given time, samples from many sites need to be analyzed to obtain a 

meaningful global average. It is important to keep in mind, however, that changes in ocean 

circulation can modify deep water δ13C independently of productivity.   

 Another use of foraminifera δ13C relies on δ13C gradients between bottom waters and 

sediments. While the δ13C of epifaunal benthic foraminifera reflects the δ13CDIC of bottom 

water, infaunal species that calcify within the sediment pore water record a δ13CDIC signal 

dependent on bottom-water dissolved oxygen contents and organic matter fluxes (McCorkle 

et al., 1990).  The δ13C difference between epifaunal and shallow infaunal benthic 

foraminiferal δ13C values (Δδ13CE-I) has been suggested as a proxy for bottom water oxygen 

concetration, which may relate to productivity given that the δ13C difference is proportional 

to the organic carbon flux to the seafloor and related remineralization rate of organic matter 

in the uppermost sediment layer (McCorkle et al., 1990; Hoogakker et al., 2015; Hoogakker 

et al., 2018).  

4.4 Sources of uncertainty for paleoproductivity estimation using δ13C  

Using δ13C as a paleoproductivity proxy is not straightforward, as other processes can 

control δ13CDIC and the δ13C of foraminifera. As noted earlier, changes in ocean circulation 

can modify deep water δ13CDIC, and thus benthic foraminiferal δ13C, independently of 

productivity. For example, an altered Atlantic Meridional Overturning Circulation (AMOC) 

regime during the last glacial period resulted in a different water mass geometry in the 

Atlantic Basin than today that was recorded in the δ13C of benthic foraminifera (e.g. 

Sarnthein et al., 1994; Curry & Oppo, 2005). Other processes that can modify seawater 

δ13CDIC independently of productivity include air-sea gas exchange, upwelling, and mixing of 

water masses with different δ13CDIC. In addition, integrated changes are needed to examine 

changes in climate impacts globally, but NEP varies considerably from site to site. When 

reconstructing paleoproductivity from the δ13C of foraminifera, species-specific fractionation 

effects (Spero et al., 2003) and the influence of seawater carbonate ion concentration on 

foraminiferal δ13C (Spero et al., 1997) should be considered.  For reconstructions of 

productivity from epifaunal-infaunal benthic δ13C differences (Δδ13CE-I), regeneration of 

organic matter in sediment depends on the oxygenation of deep water, which is also a 

function of circulation and temperature. The δ13C of infaunal foraminifera may also be 
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modified by contributions of isotopically light carbon from anaerobic processes 

(denitrification and sulfate reduction) in sediment pore waters, which can bias oxygenation 

reconstructions based on the Δδ13CE-I proxy (Jacobel et al., 2020). 

Applications of carbon isotopes as paleoproductivity proxies and opportunities for 

future research are discussed further below in Section 7. 

 

5 Nitrogen isotopes 

 Bioavailable nitrogen (‘fixed’ from atmospheric N2) in the ocean exists predominantly 

as nitrate (NO3-), with smaller but locally important contributions of ammonium (NH4+) and 

nitrite (NO2-). The supply of nitrate limits biological productivity in much of the tropical and 

temperate oceans. Indeed, the quantity of organic matter exported from the surface ocean 

(e.g., NEP) has been linked directly to the consumption of nitrate (Dugdale & Goering, 1967; 

Eppley & Peterson, 1979). Input and loss fluxes of fixed nitrogen are large relative to the 

oceanic fixed nitrogen inventory, with an estimated residence time of less than 3000 years 

(Brandes & Devol, 2002; Somes et al., 2013). Given the ubiquitous demand for fixed 

nitrogen by primary producers, nitrogen and its stable isotopes (15N and 14N) are powerful 

tracers for the degree of nitrate consumption for certain oceanographic settings and can 

inform on changes in marine fixed nitrogen sources and sinks in other settings. 

5.1 Modern ocean nitrate δ15N distribution 

 The δ15N of nitrate broadly decreases from the surface to deep ocean in all regions 

(Fig. 3c). The highest δ15Nnitrate is observed in the upper 50 m of the CTSP and NASTG, with 

progressively lower δ15Nnitrate in the upper 50 m of the SAZ, OAZ and PAZ, respectively. In 

the ETSP oxygen deficient zone, δ15Nnitrate increases with depth to a maximum around 120 m 

before progressively decreasing below 120 m. A sharp δ15Nnitrate decrease with depth between 

40 and 300 m is observed in low latitude regions. At these depths, NASTG δ15Nnitrate is 

notably lower (<4‰), while ETSP and CTSP δ15Nnitrate are higher (>8‰), than Southern 

Ocean δ15Nnitrate (5-7‰). At depths below 3000 m, δ15Nnitrate from all major ocean basins 
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converges on the mean deep ocean value of 5.0±0.3‰ (Sigman et al., 2000; Rafter et al., 

2019). 

5.2 Driving processes  

 Variations in δ15N of nitrate (Fig. 3c) illustrate the combination of preferential 

assimilation of 14N-nitrate to organic matter by phytoplankton in the surface ocean, 

regeneration of nitrate by remineralization of organic matter at depth, and varying subsurface 

δ15Nnitrate arising from isotopic fractionations associated with the relative balance between 

regional nitrogen fixation and denitrification (Fig. 2; e.g., Somes et al., 2010; Rafter et al., 

2019; Sigman & Fripiat, 2019). The δ15N of organic matter exported from the surface ocean 

is influenced by: (1) the δ15Nnitrate of the surface water mass, which depends on subsurface 

source water signatures resulting from a combination of N cycle processes including local N2 

fixation and/or denitrification, and (2) the extent of nitrate utilization (i.e. consumption 

relative to supply). We describe these two influences below.  

 First, if nitrate is not completely consumed at the surface, phytoplankton will 

preferentially incorporate 14N nitrate (Altabet & Francois, 1994). As nitrate utilization 

increases, this preferential 14N nitrate consumption progressively elevates the residual 

δ15Nnitrate in the surface ocean relative to the subsurface nitrate supply. This fractionation 

during uptake explains the elevated (>10‰) δ15N of residual nitrate in the upper ~100 m of 

the NASTG relative to the subsurface source (Marconi et al., 2015). The highest surface 

δ15Nnitrate shown in Fig. 3c (>20‰) is from stations in the CTSP and is caused by an initially 

elevated subsurface source δ15Nnitrate and additional fractionation during consumption while 

the nitrate moves away from the initial site of upwelling (Peters et al. 2018). A similar 

surface δ15Nnitrate distillation occurs in the Southern Ocean, where the lowest δ15Nnitrate are 

observed close to the location of deep water upwelling in the PAZ. As these surface waters 

move equatorward, the additional nitrate consumption yields higher surface δ15Nnitrate in the 

OAZ and SAZ, respectively. 

 The δ15N of subsurface nitrate is primarily controlled by the isotope effects of 

denitrification and N2 fixation, the processes that also determine the global ocean nitrate 

inventory (Sigman & Fripiat, 2019). Water column denitrification preferentially removes 14N 

in oxygen deficient zones, leaving the residual nitrate enriched in 15N (Cline & Kaplan, 

1975), whereas N2 fixation influences the global nitrate inventory via remineralization of 



 

17 

organic matter with a low δ15N of ~ -1 ‰ (Carpenter et al., 1997; Hoering & Ford, 1960; 

Knapp et al., 2008). Because of additional controls on N2 fixation and water column 

denitrification, these processes are not co-located within the oceans (Fig. 2), resulting in 

significant regional δ15Nnitrate deviations. Specifically, the regional dominance of N2 fixation 

lowers subsurface δ15Nnitrate in the NASTG (Marconi et al., 2015), while water column 

denitrification raises subsurface δ15Nnitrate in the ETSP and CTSP (Peters et al., 2018) (Fig. 

3c). Benthic denitrification has a weak isotope effect relative to water column denitrification 

(Brandes & Devol; 2002; Lehmann et al., 2007), but it likely has an important indirect effect 

by stimulating additional N2 fixation that delivers low δ15N to the ocean (Somes et al, 2013; 

Ren et al., 2017). 

 Where nitrate is not completely consumed at the surface, the degree of nitrate 

utilization plays an important role in determining the δ15N of sinking organic matter. For 

example, in regions of incomplete nitrate consumption, the δ15N of sinking organic matter 

(that determining the exported δ15N, see below) should scale with the degree of nitrate 

consumption (f; Eq. 4-5). This link between nitrate assimilated in the surface ocean and 

export has been demonstrated using δ15N of nitrate and sinking organic matter (Fawcett et al., 

2011). This link allows for, in theory, quantitative reconstructions of past nitrate utilization 

using the sedimentary record of sinking organic matter δ15N, provided the δ15N of subsurface 

nitrate supply is known. Note, however, that in areas of complete nitrate consumption, 

sinking organic matter δ15N should equal the source nitrate δ15N. In these oligotrophic areas, 

sinking organic matter δ15N does not record relative nitrate utilization, and instead informs on 

the δ15N of subsurface nitrate supply to the surface ocean.  

5.3  δ15N Archives   

 Bulk sediments are an attractive archive for reconstructing past sinking organic matter 

δ15N given the relative ease of measurement via elemental analyzer-isotope ratio mass 

spectrometry. However, bulk sediment δ15N may be modified from sinking δ15N by addition 

of non-marine organic matter and potential isotopic alteration by microbial degradation in the 

sediments (Robinson et al., 2012). In response to this potentially, and in some cases 

demonstrably altered or contaminated bulk sediment organic matter δ15N archive (Martínez-

García et al., 2014; Ren et al., 2009; Robinson et al., 2012; Straub et al., 2013), several new 

proxy methods have been developed to isolate the δ15N of sinking organic matter in the 

sediments. These include compound-specific δ15N measurements on compounds derived 
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from surface ocean productivity (porphyrins, Higgins et al., 2009), on organic matter bound 

within biominerals produced in the upper ocean (e.g. diatoms, radiolaria and planktic 

foraminifera, Horn et al., 2011a; Martínez-García et al., 2014; Ren et al., 2009; Ren et al., 

2012; Robinson et al., 2005, 2015; Sigman et al., 1999; Studer et al., 2015; Smart et al., 2018, 

2020), and on biominerals produced in the deep ocean via organisms that feed on sinking 

organic matter (deep-sea corals, Wang et al., 2014, 2017). These archives are more resistant 

to diagenesis and less prone to bias from allochthonous N input, but also come with their own 

complexities—including more intensive preparatory chemistry, sample limitation, and 

potential differences in species’ internal N cycling (e.g., Smart et al., 2018). 

5.4 Sources of uncertainty 

 Using δ15N measurements in sedimentary archives to reconstruct past nitrate 

utilization requires that changes in the subsurface and any other source nitrate δ15N are 

quantified or assumed constant, and that the supply of nitrate to the surface layer has also not 

changed over time. Nitrogen fixation and denitrification processes often dominate the δ15N 

signal in tropical sedimentary records, complicating quantitative interpretation of utilization 

and its link to NEP. To reconstruct past changes in nitrate consumption, authors have begun 

using multiple sediment δ15N records to quantify both the source nitrate δ15N signal and the 

mixed isotopic signal, with varying degrees of success (Galbraith et al., 2008; Robinson et 

al., 2009; Rafter & Charles, 2012). Models with 15N implemented as a tracer can estimate 

changes to nitrogen cycling on the local and global scale and provide another approach for 

separating source from utilization isotopic signatures on sediment δ15N (Galbraith et al., 

2013; Eugster et al., 2013; Somes et al., 2017). 

 For fossil-bound approaches, uncertainties in species’ internal N cycles can be 

addressed with downcore records of δ15N in multiple species. These generally show 

consistent δ15N offsets between different foraminifera species over time at a given location, 

although more research is needed to understand the cause of these species offsets (Ren et al., 

2009; 2015; 2017; Straub et al., 2013). More challenging is the separation of individual 

diatom species (Studer et al., 2015) and diatoms from other silicifiers, which may have 

starkly different δ15N (Ren et al., 2015; Robinson et al., 2015). An additional complication is 

the potential feeding of zooplankton (including foraminifera) on particulate organic nitrogen 
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derived from recycled N, which may seasonally decouple fossil-bound δ15N from the δ15N of 

newly supplied nitrate in certain oceanographic regions (Smart et al., 2020).  

 

6 Silicon isotopes 

 Dissolved silicon (dSi, principally in the form of orthosilicic acid) is an essential 

nutrient for the large number of marine organisms, known as silicifiers, that produce biogenic 

silica (bSi) for their skeletal/architectural structures. Silicon is present as three stable 

isotopes: 28Si, 29Si, and 30Si, and deviations in the natural abundance ratios of these isotopes 

can reveal information regarding the chemical and biological processes active within oceanic 

systems (Sutton et al., 2018). 

6.1 Modern ocean dSi and δ30Si of dSi distribution 

 The global mean dissolved silicon isotopic composition (denoted by δ30Si) of modern 

seawater depends on the flux and isotopic composition of the known inputs - rivers and 

glaciers, groundwater, hydrothermal activity, sedimentary processes and atmospheric dust - 

and outputs, namely reverse weathering and burial of bSi (Sutton et al., 2018). Changes in the 

mass balance of the different inputs, and end-member compositions of the constituents, are 

likely to cause changes in the budget of dSi and δ30Si in the oceans through time, especially 

over timescales longer than the residence time of silicon in the oceans (~ 12 kyr; Frings et al., 

2016). The geographical variation in dSi and δ30Si in modern oceanic waters is largely driven 

by biological uptake and remineralization of bSi, as well as large-scale oceanic circulation 

and mesoscale mixing processes. As with nitrogen isotopes, δ30Si of dSi in surface Southern 

Ocean waters increases from the PAZ to OAZ and SAZ (Fig. 3d). This reflects preferential 

incorporation of isotopically light Si into bSi and resultant isotopic enrichment of the 

remaining dSi in surface waters, with greater dSi drawdown relative to supply in the SAZ, 

and progressively less utilization in the OAZ and PAZ, respectively (Cardinal et al., 2005; 

Fripiat et al., 2012). NASTG dSi δ30Si is elevated at depth over the Southern Ocean (Fig. 3d), 

indicating the influence of overturning circulation on propagating isotopically enriched dSi 
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from the Arctic Ocean and isotopically depleted dSi from the Southern Ocean (Brzezinski & 

Jones, 2015). 

6.2 Driving processes 

 Silicon uptake by membrane transporters and silicification are both widespread in 

eukaryotes and bacteria (Marron et al., 2016), although silica production in marine waters is 

dominated by diatoms. Silicifiers preferentially take up the lighter isotopes of silicon during 

biomineralization. As such, significant depletion or utilization of dSi by diatoms in surface 

waters results in progressive distillation of dSi, imparting an isotopic enrichment to the 

remaining dSi and the characteristic depth profile shown in Fig. 3d (see also Fig. 2). This 

distillation can be modelled as a Rayleigh-type closed process or a steady-state open system 

(Eq. 4 and 5, respectively), assuming a known starting δ30Si of dSi value and a constant 

biological isotopic fractionation (De La Rocha et al., 1997; Varela et al., 2004). These 

equations rely on a number of challenging assumptions, regarding the nature of fractionation 

by different silicifiers, a unique, well-characterized dSi source, and the environmental 

controls on isotopic uptake during growth (Sutton et al., 2018). 

6.3 Sedimentary archives for δ30Si 

 The use of Si stable isotopes as a paleoceanographic proxy was established in the late 

1990s based on its similarities to N and C isotope systems (De La Rocha et al., 1997, 1998). 

Initially, the influence of potentially confounding factors to this proxy, such as a variable 

isotopic fractionation (i.e. due to temperature), other planktic consumers of dSi (e.g. 

radiolaria and silicoflagellates) and the influence of dissolution on Si isotopic fractionation, 

were found to have a negligible effect or were not even considered. Since the late 1990’s, 

experimental studies have highlighted potential biases concerning the usefulness of this proxy 

(Demarest et al., 2009; Sutton et al., 2013) that continue to be debated. The seasonal 

evolution of biogenic opal δ30Si exported into deep sediment traps (Varela et al., 2004; 

Closset et al., 2015), the good agreement found between core tops and their mixed layer 

diatom counterparts (Egan et al., 2012), and the lack of a noticeable isotopic change during 

dissolution either in sediments (Wetzel et al., 2014) or in deep settling diatoms (Fripiat et al., 

2012) confirm the rationale behind the use of the proxy. Similar to N and C isotopes, a 

change in the quantity of Si supplied and/or the source isotopic composition can influence the 

δ30Si of diatoms in the sediment archives (recently highlighted by the very low δ30Si of <0 ‰ 
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for Ethmodiscus rex, Xiong et al., 2015), and should be considered when interpreting their 

geochemistry for paleoceanographic reconstructions. The δ30Si of siliceous marine sponges is 

strikingly correlated to dSi concentration (Hendry et al. 2010; Wille et al., 2010) and provides 

a paleo-proxy of the dSi supply to the mixed layer, which can be used to better constrain 

diatom paleo-productivity. Thus, the δ30Si of different silicifiers preserved in marine 

sediment cores, especially when combined with other sedimentary and geochemical archives 

(e.g. Ge/Si ratio, Shemesh et al., 1988), provides additional constraints on past changes of the 

silicon cycle over geological timescales. 

6.4 Sources of uncertainty for paleoproductivity estimation 

 In addition to the previously discussed process-related biases, the use of δ30Si as an ad 

hoc paleo-productivity proxy and its interpretation can also be influenced by differences in 

methodology and currently poorly constrained sources of error (e.g. diagenesis; Sutton et al., 

2018). An important challenge for δ30Si measurements and their interpretation in the paleo-

records is ensuring that the biogenic opal is free of contaminating sources of Si (e.g. clay, 

authigenic Al-Si; Ehlert et al., 2016). Therefore, it is strongly suggested that all protocols 

used to clean bSi for δ30Si measurement ensure frequent visual inspection of the samples 

(Sutton et al., 2018). In addition, it should be kept in mind that δ30Si may reflect the 

productivity of silicifiers but not total productivity, as these two processes could be 

decoupled.    

 

7 Applications 

Carbon, nitrogen, and silicon isotopes have been vital for reconstructing nutrient 

utilization, the past biological pump, and changing ocean nutrient cycling over a range of 

timescales. Here we provide examples of such applications, focusing on Late Quaternary 

glacial-interglacial cycles and longer-term changes throughout the Cenozoic. 

7.1 Late Quaternary glacial-interglacial cycles 

Understanding glacial-interglacial variability in atmospheric pCO2 is cause célèbre 

for geochemical paleoproductivity proxies. Discussed here are δ13C, δ15N, and δ30Si proxy 

applications linking ocean productivity and atmospheric pCO2 over the past 50,000 years (50 

kyr). Many suitable reconstructions exist for this time interval; for the sake of brevity, only a 
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few example records are presented. Readers are encouraged to consult the references and 

recent reviews (Galbraith & Skinner, 2020; Hain et al., 2014; Hendry & Brzezinski, 2014; 

Sutton et al, 2018; Tesdal et al. 2013) for further discussion.  

 
Figure 4. Selected carbon, nitrogen, and silicon isotope records across the last glacial cycle.  a) Atmospheric 

pCO2 (Antarctic compilation from Monnin et al., 2004; MacFarling Meure et al., 2006; Bereiter et al., 2012; 

Rubino et al., 2013; Ahn & Brook, 2014; Marcott et al., 2014). b) Carbon isotope proxies for deep ocean 

oxygenation (gray, left axis; Hoogakker et al., 2018) and strength of the biological pump (teal, right axis; 

Ziegler et al., 2013). c) SAZ foraminifera-bound δ15N (circles and dotted line, Martínez-García et al., 2014) and 

AZ diatom-bound δ15N (Studer et al., 2015) indicating Southern Ocean nitrate consumption. d) Diatom δ30Si 

indicating AZ dSi consumption (Robinson et al., 2014). Axes in b)-d) are oriented with up/down indicating a 

process change that tends to increase/decrease pCO2. Vertical gray shading highlights geochemical proxy 

responses across three periods of increasing and/or elevated pCO2.  

Atmospheric pCO2 as reconstructed from a composite of Antarctic ice cores declines 

slightly from 50 to 20 ka with notable short-term pCO2 maxima at Antarctic Isotope Maxima 



 

23 

(AIM) 12 (47 ka) and 8 (38 ka) (Fig. 4a) (Bereiter et al., 2012). Following the Last Glacial 

Maximum (LGM) pCO2 minimum, pCO2 shows a rapid, three-step increase during 

deglaciation from 18.1 ka to 11.1 ka (Marcott et al., 2014). Some sedimentary δ13C, δ15N, and 

δ30Si records capture these pCO2 features (Fig. 4b-d), indicating a connection between pCO2 

and past variations in aspects of ocean productivity. The link between these proxies and 

atmospheric pCO2 indicates parallel changes in primary production, carbon export to the 

deep-sea, and respiration of organic carbon in the deep-sea—all processes associated with the 

biological carbon pump. Below, we examine sediment proxy records to highlight the utility 

of these geochemical tools and summarize understanding of the ocean’s role in modulating 

glacial-interglacial atmospheric pCO2 within the context of the Southern Ocean biological 

carbon pump and the Silicic Acid Leakage Hypothesis. 

7.1.1 Southern Ocean biological carbon pump 

         Nitrogen isotopes of organic matter bound in planktic foraminifera (FB-δ15N) and 

diatoms (DB-δ15N) record past surface ocean nitrate consumption in the SAZ and AZ, 

respectively (Fig. 4c). Prior to the LGM, millennial-scale SAZ FB-δ15N variations track pCO2 

(Fig. 4a) and dust flux, supporting changing iron fertilization of the SAZ and associated 

export production as a direct control on pCO2 (Martínez-García et al., 2014). At the LGM, 

higher SAZ FB-δ15N and AZ DB-δ15N occur without evidence for changes in the δ15N of 

mean ocean nitrate (Galbraith et al., 2013), implying more complete consumption of the 

nitrate supply to the surface Southern Ocean (Martínez-García et al., 2014; Studer et al., 

2015). Since export production was higher in the SAZ and lower in the AZ compared to the 

late Holocene (Kohfeld et al., 2005; Jaccard et al., 2013), higher FB-δ15N and DB-δ15N argue 

for a more efficient SAZ biological pump and reduced nutrient supply to the surface AZ, 

respectively (Martínez-García et al., 2014; Studer et al., 2015).  Both SAZ FB-δ15N and AZ 

DB-δ15N decline during the deglaciation, suggesting that SAZ and AZ nitrate utilization 

weakened coeval with increasing pCO2. Intriguingly, AZ DB-δ15N continues to decline 

throughout the Holocene, possibly contributing to the Holocene pCO2 increase through 

outgassing of deep ocean CO2 in the AZ (Studer et al., 2018). 

Carbon isotope gradients between surface, intermediate, and bottom dwelling 

foraminifera have been used to reconstruct inferred changes in biological pump efficiency 

and its relationship to pCO2 on glacial-interglacial timescales. Ziegler et al. (2013) used the 

δ13C values of intermediate and bottom dwelling foraminifera to reconstruct the δ13C gradient 
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between thermocline Subantarctic mode waters (SAMW) and abyssal circumpolar deep water 

(CDW) in the SAZ of the South Atlantic Ocean (Fig. 4b, teal curve). Prior to the LGM, 

substantial millennial-scale shifts in the δ13C difference (Δδ13CSAMW-CDW) have similar timing 

to changes in Antarctic ice core pCO2 and dust flux records and SAZ FB-δ15N (Fig. 4c; 

Martínez-García et al., 2014), as evident at AIM 8 and 12.  The highest Δδ13CSAMW-CDW of the 

last 50 kyr occurs during the LGM, suggestive of an increased reservoir of carbon with a 

lower δ13C in the deep Southern Ocean arising from a more efficient biological pump 

(Ziegler et al., 2013), which is also supported by a global model-data analysis of sedimentary 

δ13C and δ15N (Schmittner & Somes, 2016). This water mass δ13C gradient breaks down 

during the deglaciation as Δδ13CSAMW-CDW decreases from 23 to 12 ka, overlapping with the 

deglacial pCO2 rise. Additionally, Hertzberg et al. (2016) found a reduced δ13C gradient 

between surface and intermediate depth foraminifera during two periods of deglacial 

atmospheric pCO2 rise, suggesting a decrease in export production at these times. 

The δ13C difference between epifaunal and shallow infaunal benthic foraminifera 

(Δδ13CE-I) has also been used to infer changes in bottom water oxygenation and carbon 

storage in the deep ocean on glacial-interglacial timescales. This carbon reservoir is thought 

to be a major source of carbon to the atmosphere on glacial-interglacial transitions via the 

Southern Ocean. Studies from the Atlantic (Gottschalk et al., 2016; Hoogakker et al., 2015, 

2016) and Pacific oceans (Hoogakker et al., 2018; Umling & Thunell, 2018; Jacobel et al., 

2020) utilized the Δδ13CE-I proxy to propose that the deep waters of these regions were 

important carbon storage sites during glacial periods. For instance, Hoogakker et al. (2018) 

showed lower Δδ13CE-I during the LGM in the equatorial Pacific, with a rapid Δδ13CE-I 

increase between 15 and 11 ka (Fig. 4b, gray curve). The Δδ13CE-I increase implies improving 

oxygenation of the deep Pacific and loss of respired carbon from the deep Pacific during the 

latter phase of deglacial pCO2 rise. A cautionary note is that separating the effects of local 

changes in export production from changes in the more global signature of respiration and 

circulation on deep ocean δ13CDIC may not be trivial with these approaches. 

7.1.2 Silicic Acid Leakage Hypothesis 
 
            Another potential mechanism to account for natural glacial-interglacial variability in 

pCO2 is changes in the biological uptake of carbon by diatoms – relative to uptake by 

carbonate producing organisms – in the low latitudes (Brzezinski et al., 2002; Matsumoto et 

al., 2002; Matsumoto & Sarmiento, 2008). Increased dSi supply to low latitudes would tend 
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to favor diatom production over carbonate production, lowering pCO2 by increasing the “rain 

ratio” of Corg to CaCO3. The dSi supply to fuel this production has been proposed as 

originating from dust inputs (Harrison, 2000; Nozaki & Yamamoto, 2001), or “leakage” of 

intermediate waters with high dSi from the Southern Ocean (the Silicic Acid Leakage 

Hypothesis; Brzezinski et al., 2002; Matsumoto et al., 2002). This hypothesis relies on the 

observations that diatoms utilize major nutrients at a lower Si:N ratio under iron replete 

conditions (Hutchins & Bruland, 1998; Marchetti & Cassar, 2009), due to more silicification 

under limitation of photosynthesis (Claquin et al. 2002) or perhaps due to changes in 

assemblage (Closset et al., 2014).  

At the LGM, diatom δ30Si was lower in the SAZ (Beucher et al., 2007) and AZ (De 

La Rocha et al., 1998; Robinson et al., 2014) compared to the Holocene (Fig. 4d), nearly the 

opposite pattern from FB- and DB-δ15N (Fig. 4c). These observations indicate that dSi 

utilization was lower relative to nitrate in Southern Ocean surface waters during the LGM. 

Coupling of diatom and sponge silicon isotope records confirms that dSi supply from 

upwelling outpaced dSi utilization during the LGM and early deglaciation (Fig. 4d) (Horn et 

al., 2011b; Robinson et al., 2014). This potentially allowed for the build-up of dSi in the 

surface Southern Ocean during the LGM, particularly in the Pacific Sector (Ellwood et al., 

2010) which could then be transported with northward flowing water masses. 

With regard to the Silicic Acid Leakage Hypothesis, the key test is whether unutilized 

Southern Ocean dSi was indeed exported to and utilized at low latitudes at the LGM. 

However, low latitude bSi accumulation rate records do not show a clear picture of higher 

diatom productivity at the LGM or over the deglaciation (Bradtmiller et al., 2006; Kienast et 

al., 2006; Richaud et al., 2007; Dubois et al., 2010; Calvo et al., 2011; Hayes et al., 2011; 

Pichevin et al., 2020). One record of diatom δ30Si and DB-δ15N from the eastern Equatorial 

Pacific indicates reduced dSi utilization relative to other nutrients during the LGM, although 

this most likely reflects changes in local levels of Fe stress (Pichevin et al., 2009). Moreover, 

sponge spicule δ30Si records from low latitudes do not support a significant change in mode 

water dSi concentrations during the late glacial, except – again – in the case of the Pacific 

sector (Rousseau et al., 2016). Spicule δ30Si records from the LGM onward instead highlight 

changes in low latitude dSi supply during abrupt climate events in the Atlantic (Hendry et al., 

2012; 2016) and Pacific (Doering et al., 2016). These changes in low latitude dSi supply 

appear as a result of abrupt changes in ocean ventilation (the Silicic Acid Ventilation 
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Hypothesis, Hendry & Brzezinski, 2014) that occur during intervals of increasing pCO2. In 

summary, while available data do not support the Silicic Acid Leakage Hypothesis 

mechanism for reduced glacial pCO2, Late Quaternary changes in dSi supply and 

consumption may be an important consideration for the type and amount of biological 

productivity in different ocean regions.   

7.2 Cenozoic 

 On Cenozoic timescales, δ13C, δ15N, and δ30Si records from sediment archives are 

more difficult to interpret solely in terms of nutrient utilization or the biological pump. Large-

scale changes in ocean/atmosphere circulation, tectonic events including gateway openings 

and closures, and variations in sources and sinks can influence records of element and isotope 

cycling over timescales greater than their residence times (e.g., changes in element 

inventories; see Fig. 2). Here, we provide an overview of Cenozoic isotopic variability that 

has been interpreted in the context of these various drivers.  

           Stable oxygen isotopes in benthic foraminifera reveal a gradual cooling of the Earth 

over the Cenozoic (Fig. 5a), superimposed with cyclic variability and sudden 

warming/cooling events (Zachos et al., 2001, 2008). The long-term Cenozoic δ13C record 

derived from a global compilation of benthic foraminiferal δ13C provides insight into the 

nature of global carbon cycle perturbations (Fig. 5b). On first order, δ13C details changes in 

deep-sea circulation patterns that might trigger or arise from climate changes throughout the 

Cenozoic (Zachos et al., 2001). Climate warming (e.g., declining δ18O) during the Paleocene-

Eocene Thermal Maximum (PETM, ~56 Ma) was associated with a massive carbon addition 

to the ocean-atmosphere system that led to a negative δ13C excursion in marine carbonates 
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(Zachos et al., 2001). The source of this carbon is debated but has been linked most recently 

to volcanism associated with the North American Igneous Province (Gutjahr et al., 2017).   

 

Figure 5. Cenozoic climate and major element isotope variations (all isotope values in ‰ relative to 

accepted international standards). a) Global benthic foraminifera δ18O and b) δ13C (Zachos et al, 2001). c) 

Sponge δ30Si indicating dSi concentration and d) Radiolarian (circles) and diatom (diamonds) δ30Si 

indicating changing dSi sources (Egan et al., 2013; Fontorbe et al., 2016; 2017). e) Foraminifera-bound 

δ15N indicating changes in the balance of water column (WC) and sedimentary (sed.) denitrification (Kast 

et al., 2019). Blue, gray, and red symbols in (c)-(e) indicate samples from Atlantic, Pacific, and South 

Atlantic/Subantarctic sediment cores (see individual studies for details). Red vertical lines in (c) and (d) 

denote the Late Quaternary ranges of Southern Ocean FB-δ15N and diatom δ30Si in Fig. 4. Vertical gray 

shading denotes three intervals of relevant climatic/tectonic change: (1) closure of the Tethys Sea; (2) 

formation of the Antarctic Circumpolar Current; (3) Eocene-Oligocene Transition. Time intervals of 

epochs indicated by colored boxes along top axis (after Walker et al., 2018); “L.C.” is Late Cretaceous, 

“Plio.” is Pliocene, and “Ple” is Pleistocene.   
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 The PETM punctuated a long term, ~2‰ δ13C drop between 58 and 52 Ma that may 

indicate a decrease in organic carbon burial (Komar et al., 2013). During the Early Eocene 

Climatic Optimum (53 – 49 Ma), benthic foraminifera δ13C increased by ~1‰ without a 

corresponding shift in benthic δ18O, possibly indicating a shift in the biological pump and/or 

ocean circulation under extreme greenhouse conditions (Laurentano et al., 2018). The growth 

of ice sheets during the Oligocene and Miocene (33.9 – 5.33 Ma) modulated climate at this 

time, with δ13C and δ18O covariance in the early Oligocene and middle Miocene attributed to 

changing ocean/atmosphere circulation, ocean productivity, and/or organic carbon burial 

(Zachos et al., 1997). On ~100 kyr timescales, negative excursions in δ13C correspond with 

negative excursions in δ18O for much of the Cenozoic, but this relationship flips after 5 Ma, 

with negative δ13C excursions corresponding with positive δ18O excursions for the Plio-

Pleistocene. This switch may indicate a fundamental change in the relationship between 

climate and the carbon cycle during Plio-Pleistocene glaciations (Kirtland Turner, 2014). 

            FB-δ15N indicates several intervals of profound alteration to the marine nitrogen cycle 

during the Cenozoic (Kast et al., 2019). Elevated Paleocene FB-δ15N (Fig. 5c) suggests 

higher global mean ocean nitrate δ15N, reflecting an increased rate of global water column 

denitrification. This is possibly a result of greater production of low-oxygen intermediate 

depth waters from more extensive suboxia in the Paleocene ocean due to more widespread 

shallow seas (Kast et al., 2019). FB-δ15N declined from 57-50 Ma in the early Eocene, 

coincident with the early stages of the Asia-India collision and the closure of the Tethys Sea. 

Low FB-δ15N during the middle Eocene suggests that mean ocean nitrate δ15N was lower 

than modern, a possible consequence of higher sedimentary denitrification fluxes caused by a 

greater area of submerged continental shelves during this period of elevated sea level (Kast et 

al., 2019). FB-δ15N again increased around the Eocene-Oligocene transition at 35 Ma, 

implying a reduction in sedimentary denitrification associated with growth of the Antarctic 

ice sheets. The corresponding sea level fall would have exposed continental shelves and led 

to the loss of shelf-hosted sedimentary denitrification (Kast et al., 2019). Future records of 

nitrogen isotopes may provide higher resolution insights on the marine nitrogen cycle and 

productivity across key intervals of Earth’s Cenozoic climate evolution. 

            The Cenozoic cooling trend coincided with a rapid diversification and expansion of 

diatoms, especially at the Eocene-Oligocene boundary and during the mid-Miocene, which 

may have led to a change in organic carbon burial and a drawdown of atmospheric pCO2 

(Finkel et al., 2005; Cermeño et al., 2015). Concentrations of dSi from the Paleocene 

onwards have been reconstructed using sponge spicule, radiolarian and diatom silicon 
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isotopes from marine sediment cores (Fig 5d-e). These proxy records suggest that from 60 to 

30 Ma, dSi concentrations in the North Atlantic were uniformly low (Fig. 5e), possibly 

because diatoms (and other silicifiers) lowered global dSi in the early Cenozoic, if not before 

(Fontorbe et al., 2016; Conley et al., 2017). These records also suggest that Pacific deep 

waters experienced an increase in midwater dSi availability at approximately 37 Ma (Fig. 5e) 

as a result of ocean circulation shifts (Fontorbe et al., 2017), consistent with Southern Ocean 

silicon isotope archives that show the establishment of a proto-Antarctic Circumpolar Current 

and high-latitude upwelling at the Eocene-Oligocene boundary (Fig. 5d) (Egan et al., 2013). 

 

8 Conclusions 

 Carbon, nitrogen, and silicon isotope ratios of marine sediments have served as 

principal geochemical tools over the last several decades for evaluating past surface ocean 

nutrient consumption and the strength of the biological pump. Despite their established use, 

the increasing spatiotemporal coverage of existing applications and the evolution of new 

sediment archives (e.g., sponge spicule δ30Si and fossil-bound δ15N) provide compelling new 

evidence for the covariation of regional nutrient utilization, the biological pump, and 

atmospheric pCO2 over late Quaternary glacial cycles. On longer timescales, applications of 

C, N, and Si isotopes have shed light into the long-term drivers of ocean nutrient availability 

and connections between global nutrient and carbon cycles over the Cenozoic.  

 This review highlights two opportunities for future research. First, multiproxy 

applications are highly desirable given different impacts from ocean interface processes and 

internal ocean cycling on each isotope system (Fig. 2). Multiproxy applications benefit by 

both minimizing the potential bias of these non-productivity processes, and providing novel 

insights gained by concurrent inferences on the uptake of carbon and major nutrients. 

Promising examples include the co-application of diatom-bound N and diatom Si isotopes to 

Southern Ocean sediments to track variations between past nitrate and silicic acid limitation, 

and complementary insights on the efficiency of the biological pump from water column C 

isotope gradients and surface Subantarctic nutrient utilization from foraminifera-bound N 

isotopes. Second, the expansion of C, N and Si isotope proxies to the Cenozoic should greatly 

improve understanding of long-term C, N, and Si cycles. High-resolution applications of 

these tools to past Cenozoic climate events could improve knowledge of how ocean 

productivity affected, or was affected by, these events. Moreover, understanding patterns of 

ocean productivity in past warm climates may be of critical importance for a currently 

warming world that is on track to surpass any Late Quaternary climate analogue.
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